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Abstract. A general circulation model of intermediate complexityiwétn idealized earth—like aqua-
planet setup is used to study the impact of changes in thenmchaat transport on the global
atmospheric circulation. Focus is put on the atmospherianmmaeridional circulation and global
thermodynamic properties.

The atmospheric heat transport compensates the imposadiobeat transport changes to a large
extent in conjunction with significant modification of thengeal circulation. Up to a maximum
about 3PW, an increase of the oceanic heat transport leasiticrease of the global mean near—
surface temperature and a decrease of its equator—to—+pdliegt. For larger transports, the gradient
is reduced further but the global mean remains approximataistant. This is linked to a cooling
and a reversal of the temperature gradient in the tropics.

Both the Hadley and Ferrel cell show a decline for increasteganic heat transport and poleward
shift of their maxima. Changes in zonal mean diabatic hgatird in the friction impact the proper-
ties of the Hadley cell, while the behavior of the Ferrell @eimostly controlled by friction. Changes
in atmospheric heat transport are related to the strendtieatsidual mean circulation where eddy
transport of heat is the most important source.

The efficiency of the climate machine, the intensity of thednz energy cycle and the material
entropy production of the system decline with increasedoieheat transport. This suggests that
the climate system becomes less efficient and turns intdeataeduced entropy production, as the
enhanced oceanic transport performs a stronger large—séhg between geophysical fluids with
different temperature, thus reducing the availabilityhe tlimate system and bringing it closer to
a state of thermal equilibrium.
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1 Introduction

The climate is a forced and dissipative non—equilibriumesys which - neglecting secular trends -
can be considered in steady state, i.e. its statisticalgutieg do not depend on time. Astronomi-
cal factors and differences of local albedo cause a diffararf net incoming shortwave radiation
between low and high latitudes leading to differential r@ptind a surplus of energy in the trop-
ics. Considering global and long—term averages the sameiranod supplied energy is emitted to
space, so that the incoming shortwave radiation is balabygetthe outgoing longwave radiation

d&ixmand&&rt_lﬂbhmmmadwmn Thawead atmosphere transport the ex-

cess of energy from the tropics to high latitudes.

The oceanic and atmospheric transport results from theeesion of available potential energy
- due to the inhomogeneous absorption of solar radiatioth, pasitive correlation between heating
and temperature patterns - into kinetic energy, througtailties coming, typically, from the pres-
ence of temperature gradie 955). Such ingtabiend to reduce the same temperature
gradients they feed upon by mixing oceanic and atmospheagses. The kinetic energy is then
dissipated inside the system. The production of availabtergial energy, its conversion to kinetic
energy, and the dissipation of kinetic energy have the samage rate, which corresponds to the
intensity of the Lorenzl_(ji);lﬁG?) energy cycle.

Recently, using tools of macroscopic non—equilibrium thedynamics, a line has been drawn
connecting a measure of the efficiency of the climate systeenspatio—temporal variability of its
heating and temperature fields, the intensity of the Loretezgy cycle and the material entropy

production [(J_Omsj)ll‘ldwlljl 2bb9; Lucarini érj@ﬂ) As mentioned above, the climate

can be considered as a (forced and dissipative) non—equitithermodynamic system where the

entropy budget is achieved in such a way that the sum of thegiated incoming entropy flux
due to the solar high frequency photons, and the entropyrgtteby irreversible processes in the
atmosphere and ocean, is compensated by the radiation ¢e spdow frequency photons. Most
of the entropy production results from optical processds|era smaller portion - referred to as

material entropy production - is related to the irrevesjimocesses in terms of the geophysical fluids
i 5). So the Earth is, in contrast tgsdesn that is isolated and therefore

maintaining a state of equilibrium, a thermodynamic sydtem exchanges energy and entropy with

space I 0).

M @8) argued that the magnitude of the total meraibeat transport, i.e. the sum of the

oceanic and the atmospheric contributions, is insendibitke structure and the specific dynamical

properties of the atmosphere—ocean system, so that chafithesoceanic heat transport (OHT) will

be compensated by the atmospheric flow and vice versa. licpart he suggested that the peak
of the heat transport is constrained within a narrow rangktitides regardless of the radiative
forcing. The features of the meridional heat transport caretated to the solar constant, the radius
of the Earth, the tilt of the Earth’s axis and the hemisphar&an albedo. Stone argued that the
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insensitivity to the structure and the dynamics of the sysi® due to the correlation of thermal
emissions to space, the albedo and the efficiency of thepoanmechanisms of the atmosphere and
the ocean.

Enderton and MarshLl‘L(LQlOS) discussed the Iimitmhgpothesis by employing a series

of coupled atmosphere—ocean—sea—ice model experimentsiéh the oceanic circulation on an

aqua-planet is constrained by different meridional basri€he presence or absence of the barriers
result in significantly different climates, in particular climates with and without polar ice caps.
They concluded that Stone’s result is a good guide for iem-flimates. But, if polar ice caps are
present, the effect of the related meridional gradientdtiedo on the absorption of solar radiation
need to be taken into account.

The atmospheric compensation implies a significant impladtanges in OHT on the atmospheric
circulation as a whole which affects the zonally symmetowflthe zonally asymmetric (eddy) flow
and the interplay between both. Thus, changes in OHT have d@@monly used to account for
paleo—climatic changes (e.g. Rind and Chandler, 1991 nStbal., 2001; Romanova et al., 2006).
Moreover, OHT is an important factor for potential anthrgpnic climate change since significant
modifications of it can be expected. Unfortunately, theeslarge uncertainties in the changes in the
oceanic circulation simulated in climate change scendliRSC, 2013). These result from, amongst
others, the uncertainties in fresh water forcing due to m@kmelting of inland ice sheets. To
assess the role of the ocean for historical and potentiatdudiimates the impact of the OHT on the
atmospheric circulation and the underlying mechanismd tebe investigated systematically.

A way of studying the impact of changes in OHT on the atmospherculation is to utilize
an atmospheric general circulation model coupled to a mibeggr ocean. In such a model the
OHT can be prescribed. Using a present—day setup includintinents Winton (2003), Herweijer
et al. (2005), and Barreiro et al. (2011) found that increg$DHT results in a warmer climate
with less sea—ice. A reduction of low—level clouds and amdase of greenhouse trapping due to
a moistening of the atmosphere appeared to be relevant meoi& In addition, a weakening of the
Hadley cell with increased OHT was found by Herweijer et2005) and Barreiro et al. (2011).

Utilizing an idealized aqua—planet setup Rose and Fer(2Da3) systematically assessed the
impact of the OHT on the atmospheric global mean near—saitéagperature and its equator—to—pole
gradient. For warm and ice—free climates they confirm a meafect atmospheric compensation of
the imposed changes in OHT. Like in the above studies inetudontinents, they found an increase
in global mean temperature for increasing OHT, accompanyesidecrease in the equator—to—pole
temperature gradient. Tropical SSTs were shown to be Iésstedl than at higher latitudes. The
detailed meridional structure of the oceanic heat trartdpamed out to be less important. Changes
in deep moist convection in the mid—latitudes, togethehwit enhanced water vapor greenhouse
appear to be the major drivers. Koll and Abbot (2013) confirtiee low sensitivity of tropical
SSTs to OHT changes. In their aqua—planet experiment&r@§ T leads to a weakening of the
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Hadley cell which reduces cloud cover and surface winds tlans, counteracts surface cooling by
increasing OHT.

In the present study we extend and supplement the abovesti&ised on the experimental setup
ofRose and Fgrrglr@lS) we focus on the impact of OHT chspg the atmospheric dynamics
and thermodynamics. Our overall goal is to understand henatmospheric energy transport and

transformations are affected by modulations in the ocezzganic transport. We analyse the changes
in the atmospheric heat transport and the mean meridiaralation by employing, amongst others,
the Kuo-Eliassen equation (Kuo, 1956; Eliassen, 1951)dermdtio understand the various drivers of
the mean meridional circulation. Furthermore, the integgt&ffect on the atmospheric energetics is
assessed by means of enz energy cycle and by chartbesiroperties of the effective warm
and cold reservoirs constructed according to the theorpgqeed iAMnsLMOO) aljﬂ_Lus‘Arini

). This allows for defining a measure of the efficiencythef climate system. Attention is

directed to measuring the irreversibility of the atmosjereard the material entropy production. This
part tries to frame specific climatic processes of genelalaace into a general physical framework,
trying to advance the understanding of the climate as a roprilterium, forced and dissipative
macroscopic system.

The paper is organized as follows. In Sect. 2 we describe tiehand the experimental design.
Sect. 3 introduces our diagnostics. The results of the amalgre presented in Sect. 4. A summary
and discussion concludes the paper (Sect. 5).

2 Model and experimental setup

The Planet Simulator (PlaSim, http://www.mi.uni-hambdegPlanet-Simul.216.0.html) is an open
source general circulation model (GCM) of intermediate plaxity developed at the University
of Hamburg. For the atmosphere, the dynamical core is th@aBlerUniversity Model of the Atmo-

sphere (PUMA) based on the primitive equation multi—lepeldral model i i ns

1975) an m nd Gray (1986). Radiation is paramedebizealifferentiating between short-

wave and longwave radiation and between a clear or a cloudgsgthere. The resEective schemes

follow the works od_LaQis_and_HanAeMM) for the short wpset an@ 68) for the
long—wave part. The radiative properties of clouds baseb_ten_h_e_cls| (19J78) aMMt al.

). Cloud fraction is computed accordinmm@ 1991). The representation of
boundary—layer fluxes and of vertical and horizontal diffusfollows LQuiJ; k;Qllg)l Louis et iil.

de_&i)J_RQ_e_QKD_eLe_LLL(lQQZ), aln_d_LaLLLs_en_a.nﬂ_Elkalg_e_[dQIEF&e cumulus convection scheme is

based on Kuo (1965, 1974). The ocean is represented by addgnamic mixed—layer (slab ocean)

model including a one layer thermodynamic sea—ice comgonen
Following |Ro_s_e_md_Feielr£ (2613) we used an earthlike -ptprzet setup with zonally sym-

metric forcing utilizing reference present day conditidos the solar constant (1365 m~2)
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and the CO5-concentration (36Ppm). The solar insolation comprises an annual cycle (with
obliquity=23.4) but eccentricity is set to zero. Thus, on annual averagéotteéng is hemispheri-
cally symmetric as well. The mixed—layer depth is set to 60 m.

A temporally constant flux into the oceagflux) is used to prescribe the oceanic heat transport
(OHT) according to the analytic equation givenb;@o_s_e_m@ k;ojs):

OHT = OHTj - sin(¢) cos(p)?Y (1)

wheregp denotes the latitudéV is a positive integer which determines the latitude of th&imam of
the transport and the shape of its meridional profile, and Q& constant defining the magnitude.
Rose and Ferreira made sensitivity experiments by var§ifganging from 1 to 8) and by varying
the peak transport (ranging from 0 to 4 PW) which is contcbbg OHT,.

For our study we follow Rose and Ferreira but fix the locatibtine peak by settingy = 2 (which
corresponds to maximum transport af R &e perform nine sensitivity simulations with respect to
the magnitude of the transport by changing QH@ obtain peak transports Ok from 0 PW to
4 PW (with 0.5 PW increment). OHfx = 0 PW (i.e. no OHT) serves as the control simulation. The
OHT for OHThax=0, 1, 2, 3 and 4 PW is displayed in FIg. 1.

All simulations are run for at least 100 years (360 days par)ydhe last 30 years are subject to
the analyses. A horizontal resolution’581 (96 x 48 grid points) with fivec—levels in the vertical
is used. The timestep i8¢t = 23 min.

3 Diagnostics

The dominant feature of the large scale ocean and the atrasjplynamics is the transport of
energy from regions featuring net positive energy budgtteatop of the atmosphere low latitudes)
to regions where such budget is negative (high latitudelsis Teduces the temperature gradient
between equator and poles (e.g. Peixoto and Oort, 1992 inieed Ragone, 2011). In present
conditions, The partitioning of heat transport betweenceipmere and ocean reflects two limits:
the dominance of the atmospheric mass transport in midigb-tatitudes and the dominance of
the oceanic energy transport in the tropics. The atmosplramsport can be further subdivided in
the sensible heat, latent heat and potential energy compmn&e will investigate the response of
changes in the imposed OHT for each of these components, dindinther specify the analysis
by considering both the zonally symmetric contributionse do the mean meridional circulation
(MMC) and the zonally asymmetric contributions, due to ttre@spheric eddies.

In the classical view (the Eulerian mean circulation), threammeridional circulation consists of
three cells: the tropical Hadley cell, the Ferrel cell in Aatitudes and a weak polar cell. While the
Hadley and the polar cell are thermally direct circulatiares relatively warm air is rising and cold
air is sinking, the Ferrel cell is referred to as a thermailjiiect cell with warm air sinking and cold
air rising. Though the mean meridional circulation can lewéd as a two dimensional circulation in
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the meridional—height plane, both zonally symmetric anthly asymmetric components contribute
to its existence.

The transformed Eulerian mean (TEM) formalism (Andrews lsiethtyre 1976) accounts for the
role of the eddies in the mean meridional transport. In paldr, it provides a closer link to the total
atmospheric meridional heat transport. The TEM residualutation approximates the isentropic
mean circulation resulting in a single cell from the equatothe pole. Based on work by Held
(2001), Czaja and Marshall (2006) showed that the atmogpheat transport can be represented by
the product of the strength of the TEM residual circulatiod ¢he vertical energy contrast.

Utilizing the Kuo—Eliassen equations allows to identifgividual drivers of the Eulerian mean
meridional circulation (Appendx]A). A similar partitiong is done for TEM residual steamfunction
which provides a direct link to the atmospheric heat transghis summarizes the diagnostics tools
aimed at capturing a phenomenological description of thmapheric circulation.

A second set of diagnostic tools is based on taking a thermandycal point of view on the at-
mospheric circulation. One finds that on the average a nétiyeog/ork resulting from the positive
correlation between temperature and heating fields uphiotdkinetic energy of the global circula-

tion against the frictional dissipatioh(ﬂeiiom_md_amb.

The atmospheric energy cycle (Lorenz, 1955, 1967) is onkeofrtost important concepts to un-

derstand the global atmospheric circulation as it provae®mprehensive look at the integrated
effects of physical mechanisms involved, the generatioavailable potential energy by external
forcing, the dissipation of kinetic energy and the energyversions by baroclinic and barotropic
processes. If the climate system is at statistical steadg,she rate of generation of available po-
tential energy(, the rate of conversion of potential into kinetic enefdjy and the dissipation rate
of kinetic energyD are equal when averaged over a long period of time (e.g. @leyears). Thus,
G=W=D> 0, where the bar indicates the operation of time averaging altows for charac-
terizing the strength of the energy cycle in several ways.

Following the work bL]_th_s_H]_(ZdOO) a}n_d_Lu&Ar[nLdOO% wagider the global energy cycle

as resulting from the work of an equivalent Carnot engineatrgg between the two (dynamically

determined) reservoirs at temperat@¢ and©~. According to this concept, an efficiency of the
climate systemsf) can be defined by

=0 @
Furthermore, following the same theoretical point of view analyse the entropy production
which leads to a measure of the irreversibility. An outlifighe theory and the according diagnostics
is given in AppendiXdB.
The diagnostics of Lorenz’ formulation of the energy cydgaals information about the reser-
voirs partitioned into zonal mean and eddy components, bodtahe conversions due to different
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physical processes (Appendik C). Thus, we gain evidencetabe relative importance of the indi-
vidual components contributing to the energy cycle and ¢teted thermodynamic properties.

4 Results

4.1 Atmospheric dynamics

We start presenting the effect of OHT changes on the mearadiin terms of atmospheric near—
surface (2m) temperature, sea—ice and meridional heaspoan First, we note that similar to

rL.(Zd13) our model exhibits multiple elidi a warm state and a snow—ball Earth

depending on the initial conditions as thoroughly discds’ns@_s_cmet_él. (2Qi2) arlgj Lucarini gd al.
ll

2013). In the present study we investigate the warm statls ldowever, in contrast to Rose and

Ferreira (2013) sea—ice at high latitudes is present infatleowarm state simulations.

Up to about OHTax= 2.5 PW increasing OHT leads to an increase of the global m&gay) (
and a decrease of the equator—to—pole gradi&fii)(of the annual and zonal mean near-surface air
temperature (Figl]12). For this regime an approximatelydimelationship betwe€fyeanandAT can
be found. For OHTax > 2.5 PW, Ty is almost insensitive to an OHT change whild" is further
reduced. Here, the equator-to—pole gradient is definedédifference between the values at the
lowest and highest latitude of the model’s grid.

When inspecting the respective meridional profiles of theuahand zonal mean near—surface
temperatures, we observe that high latitudes are moretisensi the OHT changes than low lat-
itudes. With increasing OHT, the polar temperatures cowtirsly increase except for ORI =
4 PW where slightly colder polar temperatures than for QB 3.5 PW are found. It appears that
this is a consequence of the reduced atmospheric heat transfghtly over—compensating the in-
creased but still small oceanic heat transport at thesadas (see later discussion). In the tropics, an
increase of the temperatures is only present until QA% 1.5 PW. For larger OHT, the equatorial
temperatures decrease. In addition, increasing OHT lesalfiattening of the temperature profile in
the tropics until, for OHax= 3.5 and 4 PW, the temperature gradient in the tropics gets regters
and the maximum of the temperature shifts away from the eqt@aapprox+24°.

Sea—ice gradually decreases with increasing OHT. But, Bme@HTax = 4 PW some sea—ice
remains in polar latitudes. However, for Ok > 2 PW the average sea—ice cover is smaller than 1
indicating that no latitude is completely covered by sea-+€iaring the whole year.

Quialitatively, all findings are also true for winter and suarras can be seen in Fig. 3, except that
in summer the sensitivity to OHT changes is small in the hagitudes which are covered by sea—ice.
In addition, we note that the seasonality and its sensitteitOHT changes are small for latitudes
without sea—ice due to the high thermal inertia of the mixager. In the following we restrict the
analysis to the annual mean.
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Despite the difference in sea—ice extent (i.e. planetdrgdnd), the atmospheric heat transport
compensates the changes in OHT to a great extent, as canrb&@eethe total meridional heat
transport diagnosed from the energy budget at the top oftthesphere (Fid.]4). Figufd 5 shows
the annual mean zonally averaged atmospheric meridioaattamsport for OHfax= 0,1,2,3 and
4 PW. We display the total transport and its componentsramsport of sensible heat, latent heat and
potential energy. In addition, we split each transport thicontribution from the zonally symmetric
(zonal mean flow) and the asymmetric (eddy) part. For thd todasport, the compensation for
increasing OHT leads to a decrease of the atmospheric wetrespl a poleward shift of its maximum
according to the prescribed OHT profile. Although the OHTarally symmetric, both atmospheric
zonal mean flow and atmospheric eddies contribute to the ensgtion.

In the tropics (0-3%), both the zonal mean flow and the eddies account for the gineos
transport, with the eddy component being dominant in therauopics, where the zonal mean flow
contribution decreases to zero. For the eddy transporeitrdpics, only the latent heat transport is
relevant f. For the zonal mean flow, the magnitude of all tim@®aponents decrease with increasing
OHT showing about the same relative change per 1 PW QI The total mean flow transport,
however, results from a large compensation of equatorwandikle and latent heat transport (of
approx. same order of magnitude) and poleward transpoutefpial energy.

In the mid—latitudes, the eddies dominate the poleward thaasport and its sensitivity to OHT
changes, with the contribution from latent heat transpeiihdp concentrated equatorward of that
from sensible heat transport. Transport of potential gnbsgeddies is almost absent due to their
geostrophic nature.

In summary, the atmospheric compensation for changes in @kds place according to the
relative importance of the respective component for thespart in the reference state where no
OHT is present. Although the changes in OHT are very largppears that the role of the different
processes in controlling the total heat transport remaichanged.

We next study the atmospheric mean meridional circulattarting with the classical Eulerian
mean circulation described by mass streamfunctioRigure[® shows Northern Hemispheseor
OHThax= 0, 2, 3 and 4 PW. For OH.x = 0 PW, a Hadley cell and a Ferrel cell are well established
with values of abou8 x 10'° and —3 x 10'%kgs™!, respectively. The maximum magnitudes are
located at about XN for the Hadley cell and 50N for the Ferrel cell, and at about 70Pa for
both cells. The Hadley cell extends to about BB A polar cell is absent in the annual mean but
emerges weakly in the summer months.

With increasing OHT, the strength of both cells decreasés [#. The decrease in strength of
the Hadley cell is virtually linear and amounts to about 85Me Ferrel cell strength decreases
by about 50 % with stronger decreases for smaller Q5 TThe Ferrel cell shifts poleward. For
OHTnax > 2PW, a poleward shift can also be observed for the Hadley cedisimum together
with a broadening of this cell, i.e. a poleward shift of itgedFor OHT,ax = 4 PW, an additional
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thermally indirect cell can be observed close to the equdtus is related to an almost vanished
Hadley cell in summer together with a winter hemisphere Eyadell which has its maximum on
the summer hemisphere.

The Kuo-Eliassen equation allows for identifying indivéddrivers of the Eulerian mean merid-
ional circulation (Appendik’A). The reconstructions by meaf the Kuo—Eliassen equation are in
good agreement with the actualfor all simulations. However, the maximum magnitudes are sy
tematically overestimated. In general, the reconstradiis better for the Hadley cell than for the
Ferrel cell (Fig[®).

As an example, Figurlg 8 shows the sources and the reconstriict OHTax = 0 PW. The in-
dividual sources indicate that the largest contributiang tstem from diabatic heating and from
friction. The heating controls the Hadley cell togethehadtsignificant contribution by friction. For
the Ferrel cell, friction is the most important factor. To ach smaller extent, the eddy transports of
heat and of momentum add to the Ferrel circulation with agiacgntribution by the heat transport.
For both Hadley and Ferrel cell, the maximum contributiorirition is located at lower levels than
for all other sources.

For the Hadley cell, both the contributions coming from reatind friction, decrease linearly
with increasing OHT (Fid19). As the decrease is strongehfmating, friction becomes the major
contributors to the Hadley cell for OHEx > 3 PW. The decrease of the Ferrel cell with increasing
OHT is linked to a decrease of the friction, i.e. a decreasthefear—surface zonal mean zonal
wind. The contributions from the heat and momentum trartspaecrease less intensely than for
the Hadley cell, and remain constant for OHX > 2 PW. Similar to the changes of magnitude, the
shifting of the cells and the broadening of the Hadley call lba explained by respective changes in
the mean sources.

As pointed out by Czaja and Marshall (2006), the residualmetgeamfunction),..s resulting
from the transform Eulerian mean (TEM) formalism provideswch closer link between the merid-
ional circulation and the atmospheric heat transport. lditaah, it clarifies the role of the eddies
for the transport. As shown in Appendi¥ A a decompositionbgf; is possible similar to the Kuo-
Eliassen equation. Here, the combined effect of the eddy entum and the eddy heat transport is
given in terms of the divergence of the Eliassen—Palm fluXenthie sources from diabatic heating
and friction remain the same as in the Kuo—Eliassen case.o0féetinat splitting the Eliassen—Palm
flux into its components would result into the same contiguby the momentum transport for both
the Eulerian mean and the TEM formulation.

Figure[I0 gives the residual mean streamfunction, its retcoction and the eddy source for
OHTnqax = 0 PW. Both the dry case and the moist case are presented. Intbage, the eddy trans-
port only concerns the dry static energy while in the moiseche transport of moist static energy
is considered. As for the Eulerian mean, the reconstrustoa in good agreement with the actual
values (which again holds for all OHTs). Compared to the Eaemean (Figurgl8) the residual
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streamfunction displays a single overturning circulatigth rising motion in the tropics and sink-

ing air in high latitudes. While the maximum of the residuaéamfunction occurs in mid—latitudes
near the surface, a secondary maximum in the tropics ismregsthe dry case related to the Eulerian
mean Hadley cell. From the reconstruction we see the doro@aithe eddies for the mid—latitudes
compared to the Eulerian mean case. Since the contributom the eddy momentum transport is
the same in the Eulerian mean and the TEM case, the diffesemeadue to the heat transport only.

For all simulation the residual mean circulation shows the cell structure with maximum in
the mid-latitudes close to the surface which is almost cetepl defined by the eddy source. For
OHTmnax > 3 PW the secondary maximum in the tropics (dry case) disapp@éth increasing OHT
the strength of the circulation decreases. Fidquie 11 shbevsreridional profile of maximum of
the moist case residual streamfunction for Q= 0, 1,2,3 and 4 PW. A comparison with the total
atmospheric heat transport (Hig. 5) shows a good quaktativeement, that is a decrease and a pole-
ward shift of the maximum. An exception occurs for Qkif= 0 PW where tha),.. maximum in
located at about 50while the heat transport peaks at about.3bhis is possibly caused by using
pressure levels for the diagnostics introducing uncetigsitiose to the surface.

Based on work by Held (2001), Cazja and Marshall (2006) skothiat the atmospheric heat
transport can be represented by the product of the streffigitle @EM residual circulation and the
vertical difference in moist static energy. In agreemeithis, a closer inspection of our results show
that the relative decrease ifi..; is smaller than the relative decrease in the heat transploid.
difference can be explained by the decrease of the atmdsability (i.e. contrast in moist static
energy) in mid—latitudes with increasing OHT (not shown).

4.2 Atmospheric thermodynamics

Now we shift our attention to the global thermodynamic prtips and start with discussing™
and©—, which characterize the warm and cold reservoirs of theatinengine. Such reservoirs are
constructed in such a way to substantiate the fact thatrigeatid temperature fields are positively
correlated (See AppendlX B). Qualitatively, the two tengperes behave similarly when ORZy is
changed (FigurgZ12). We can classify three temperaturenesgii) OHTax < 2.0 PW atmospheric
warming, ii) 2.0PW < OHTnax < 3.5 PW atmospheric cooling, and iii) OHEx > 3.5 PW weak
sensitivity. We observe a higher sensitivity@f than© for i) which is generally due to the ampli-
fied polar warming. The difference betwe®rr and®©—, denoted ag\©, decreases with increasing
OHTrax implying a decrease in the atmospheric efficiency of theal@engine (see €g. 2). Interest-
ingly, the difference betwe€n, and the average @@~ and©™ increases with OH7 ., especially
for OHTnhax < 3.0 PW, indicating a reduction in the stability of the atmosghérhis is understood
by considering that larger oceanic transports lead to ggowarming at low levels in the mid and
high latitudes, which must be compensated by a weaker teeetdort aloft.

10
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The diabatic heating processes constitute the sourcesiaksl & internal energy for the at-
mosphere and play a decisive role in the generation andutéisin of available potential energy

rL_lQJBZ). Those processes are displaydtwkasrte— and zonal-averaged diabatic
heating ratesl!T, /dt (see figurd_13). The heating rate is calculated as the sumadivdiabatic
heating effects including heating or cooling by the respoofsradiative heat fluxes, sensible and
latent heat fluxes and vertical diffusion. Whi&"™ and©~ are defined using the time and space
dependent heating fields, inspecting the time and zonahgesrof the heating patterns is useful for
understanding how available potential energy is genelatachrini et al., 2010).

Simulations with0.5 PW < OHTmax < 1.5 PW show diabatic warming in the deep tropics in the
mid troposphere and in the subtropical low troposphereredsediabatic cooling occurs in the mid
and high troposphere of the subtropics and in polar as wslllagolar regions. Positive heating in the
tropical and subtropical regions is dominated by the cbation of latent heat fluxes, in particular,
heating through convective precipitation (not shown hdreghe mid to high latitude regions large—
scale precipitation contributes towards a positive hgatidiabatic cooling, on the other hand, is
mostly caused by outgoing longwave radiation and to a meelevaent by the conversion process
from rain to snow mostly in the subtropical regions.

We see an extension of the area of positive heating in the atitddes towards the poles in the
lower troposphere as well as in the equatorial mid and uppposphere for larger values of ORI
The poleward migration of the positive heating pattern ie thid—latitudes is closely related to
the poleward shift of the atmospheric latent heat transfdnt area of positive heating broadens
in height at latitudes aroung°. Since the positive heating patterns (relevant for degifé) in
the mid latitudes extend in height and is, in addition, stietl poleward, lower temperatures are
considered in the quantity ¢+, which explains the smaller sensitivity ¢+ than of ©~ for
0PW < OHTpmax < 1.5 PW in figurdIP. By implication, the warming effect at polditizdes causes
the sensitivity of©~ to be larger than o®*. For OHTyax > 2 PW the sensitivity of both©® ™ and
O, is negative since large parts of the tropical high and nagdsphere cools.

We observe on average a declineA® of approximately0.4 K for every 0.5 PW increase in
OHTnax (figure[I4; green graph). The total temperature differeresrehses from.9K to 4.5K
across the considered range of values of QkTThe climate system becomes horizontally more
isothermal as OHJ . is reinforced, which is consistent with the decline for theridional differ-
ence in surface temperatuld’ = T ., — T ,0ie (figure[I4; blue graph). We find an accurate linear
relation betweer\7T" and A© (the temperature difference between the two thermal regs®
andO™): for every observed0 K decline inAT the temperature differencA©, decreases linearly
by approximately).8 K on average, as shown in figurel14. This provides a poteypiiatéresting
indication of how to relate changes in the surface tempegajtadient to quantities describing the
dynamic processes in the atmosphere.
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As the climate warms and the temperature difference betweewarm and the cold reservoir
shrinks with increased OHfy, the efficiencyy and the intensity of the Lorenz energy cydzTé of
the climate system decline (see figliré 15). The increase ifi;@Htauses the climatic machine to
act less efficiently, in terms of a decrease of the ratio betweechanical energy output and thermal
energy input.

We observe a remarkably linear behavioumﬁomndW for 0PW < OHTmax < 2.5 PW (Figure
[I5). For every0.5 PW increase in OHJ.x the efficiencyn declines by abow2.0 - 10~2, while the
strength of Lorenz energy cyc@ decreases by abo012 Wm~2 (see dotted, blue graph in figure
[15). For OHT,ax larger than present—day values (QRJ < 2.5 PW),n decreases by only.5-10~3
per0.5 PW increase, whilél” declines byd.1 Wm~2 per0.5 PW increase (see dotted, red graph in
figure[15). We observe an abrupt change in the tendency for,@HT 2.5 PW at which pronounced
tropical and subtropical atmospheric cooling sets in. dgates that the change in the temperature
difference between equatorial and tropical regions cadsasiic change in the dynamical properties
of the system.

The reason for this enhanced decreasélircan be found in the decrease of the temperature
difference between the warm and the cold reservoir. Fromggrm®nservation we know, the decrease
in the strength of Lorenz energy cyc@ implies that also the total dissipatid_'a decreases in
a steady state climate, as the climatic engine has smatiefaransformation of available into
kinetic energy. The decreaserimplies, e.g. that surface winds are weaker, because thisése
most of the dissipation takes place. We note that by inanga®HTnax, Warm and cold air masses
get mixed more effectively with the result that the atmosplxecomes horizontally more isothermal
and, hence, the climatic engine acts less efficient

A closer look into the global energetics is provided by thgergoirs, conversions and sources
following the classical Lorenz energy cycle where the ahesic flow has been partitioned into
the zonal mean and the eddy component (Ei§). 16). In accoedarthe change ilA© the available
potential energies of the mean flow\() and of the eddies/{z) decrease. However, while the relative
decrease iPy; and Py is of the same size, the absolute valuefgfare substantially larger. A closer
examination reveals a fundamental difference betweenehsits/ity of A© and the total Lorenz—
reservoir Py + Pg). While the decrease @fO slows down for OHTa« < 2.5, the Lorenz—reservoir
shows an almost linear decrease for the whole range of OHigesa Only forPg less sensitivity
for larger OHT can be found.

Compared to the OHT.x = 0 PW simulation,Py; is reduced by about 71 % in the OHZ =
4PW run. The relative decrease B and Ky is approx. 69 and 65 %, respectivelyg declines
by about 54 %.

Though diagnosed as residuals from the conversions, thlstmirce of available potential energy
and the total sink of kinetic energy are in good agreemertt WTi'tandn indicating a change in
sensitivity at OHThax = 2.5 PW. We notice that only the zonally symmetric heating getesravail-
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able potential energy while the zonally asymmetric heaéryactsPg, i.e. it acts to homogenize
the zonal temperature profiles. For the dissipation of kineergy, the eddy component is larger
than the contribution of the zonal mean flow. For increasibktf@he magnitude of all sources/sinks
decrease and both the (negative) eddy source of availal#atmd energy and the zonal mean sink
of kinetic energy go to zero.

In addition we note that assigning the overall strength eltbrenz energy cycle to the zonal mean
and the eddy flow would lead to different results dependingtiver we choose the generation of
available potential energTy/ or the dissipation of kinetic energ§ as measure. Dominant processes
of the generation of available energy (i.@) are related to the zonal mean circulation while the
dissipation of kinetic energﬁ) acts on the eddies resulting from baroclinic instabilityaddition,
one may use the conversion form potential to kinetic enengyetiine the energy cycles strength.
Here the baroclinic eddies accomplish the transformatibitevthe zonal mean flow generat&sg;
on the expense dKyy, i.e. by favoring a thermal indirect circulation.

The overall decline in the reservoirs and sources with exireg OHT is also present for con-
version terms which are related to the baroclinic conversie. C(Py, Pg), C(Ps,Kg) and
C(Kg,Ku). The conversio ( Py, K ) which is related to the zonal mean circulation show little
changes.

Overall, the sensitivity of the eddy related conversionseaps to decrease following the temporal
sequence of a baroclinic life cycle: The conversion fromatanean available potential energy to
eddy potential energy'( Py, Pr) shows the largest sensitivity (approx. 65 %). The sengjtivfi the
transformation into eddy kinetic energy( Pr, Kr) amounts to approx. 57 %, and the change of the
conversion into zonal mean kinetic enel@yKg, K1) is the smallest (approx. 53 %). However, to
verify whether these changes are due to changes in the acdite cycles or just a coincidence,
further analysis is necessary, which is beyond the scogeegftesent paper.

Material entropy productio% and the degree of irreversibility are shown in figureZ17 (left).

As introduced in AppendixBS,,.. is given by the sum of the minimum value of entropy production

(S,min) compatible with the presence of the average dissipatidritamexcess of entropy production

(S..c) with respect to such minimum, i.e.

Smat = Smin + Sexc

The ratio betweess.,. andS,,, defines the degree of irreversibility

Semc
Smin

o=

and determines the ratio between the contributions to pytpooduction by down—gradient tur-
bulent transport and by viscous dissipation of mechanicaftgy.
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With increasing values of OHf.x the decrease in the intensity of the Lorenz energy cycle and
the increase in the surface temperature imply a reductidheopart in% linked with frictional
dissipation, which is related to lower bound of entropy pm:ﬁbn%. Nonetheless, one needs to
investigate the excess of entropy produc@, which is linked to the turbulent heat fluxes down
the temperature gradient. The relative decrease in enpogjuction due to frictional dissipation
(%) is stronger than the relative decrease in entropy produotty down—gradient turbulent heat
transport@) as featured by the overall increaseniiffigure[1T). Thus, the entropy production due
to the turbulent heat transport down the gradient of the txatpre field becomes more and more
dominant as the oceanic transport increases becausegitdeaenixing becomes stronger.

In figure[IT (right) the main contributions of the materiafrepy production in the model are dis-
played. This includes the contributive processes due émiand sensible turbulent heat fluxes and
frictional dissipation of kinetic energy. Entropy prodiect due to latent heat processes, including
convective as well as large—scale precipitation, surfatent heat fluxes and rain—snow conver-
sion processes, makes by far the largest portion of matmtabpy production. For small OH;Ey,
the value of entropy production by latent heat rez@smwW m~—2 K1, For increasing OHg.x up to
1.5 PW the value increases BynW m—2 K1, while for larger OHTax, this contribution to entropy
production declines bymwW m~2 K1, Entropy production by frictional dissipation decreagest
SmMWm2K~! for OHTmax=0PW to 3mW m 2K~! for OHTax= 4 PW. Entropy production
by sensible turbulent heat flux at the surface as well as imatimsphere decreases by half (from
2mWm-2K~! to 1 mWm—2K~1) with OHTna increasing. One would expect that larger values

of OHThax Would lead to larger values St using the argument that a warmer planet should be

able to have a stronger hydrological cycle. For low value®HBT,a the increase i5,q: due to
the hydrological cycle is overcompensated by the decreaeeicontribution due to the frictional
dissipation.

In order to further clarify the impacts on the material epyr@roduction of increasing OHEy,
we split the material entropy production due to irrevesibkent turbulent heat processdg (; in
eq.[BB) into the contributions coming from individual pamterizations (processes) operating in
our model which are convective precipitation, large—spaéipitation, surface latent heat fluxes,
and the heat release due to rain—snow conversion. Higlirespys the time mean of these contri-
bution coming from each latitudinal belt. Positive contitibns indicate a warming while negative
contributions are related to a cooling due to the respeptiveess.

Convective precipitation gives the largest positive cbuation, particularly in the tropics and sub-
tropics. For increased OHiEx we observe that the peak at the equator is significantly edlatile
convection processes move into the mid—latitudes whereuhface is heated and static stability
decreases. The positive contribution from large-scaleipitation features are shifted out of the
mid—latitudes towards higher latitudes with increasingiQk. As large-scale precipitation regimes
experience a shift to higher latitudes, their maximum isiignis almost kept constant. The contri-
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bution by the surface latent heat flux is negative relatedittase cooling. For 0 PW, the magnitude
has its s maximum at latitudes 24° to 25° indicating the region with maximum evaporation. As the
heat transport in the ocean is increased, latent turbuksmit fluxes reduces largely in tropical and
subtropical regions, and peak latent heat fluxes move tevard-latitudes. The region with largest
evaporation at the surface shifts from the subtropics tantitelatitudes with increasing OHfx.
The contribution from latent heat release by rain-snow eosion is negative (indicating an overall
cooling) and qualitatively shows similar patterns as theidi@nal profile for convective processes.

FiguréIB® seems to imply that the tropical latitudinal belatiires a negative material entropy
production. This is indeed not the case, because there islarge scale transport of energy from
those regions to both the equator and the mid-latitudes asudt iof a net moisture export (figure
[B). Such a negative contribution is overcompensated by tis@iye material entropy production
associate to the absorption of the transported latent akiait place elsewhere.

5 Summary and discussion

We have studied the impact of the oceanic heat transport J@HThe atmospheric circulation fo-
cusing on two important aspects: changes in the atmosphericlional heat transport, and changes
in global thermodynamic properties of the atmosphere tholy efficiency, irreversibility and the
Lorenz energy cycle.

Using a general circulation model of intermediate compieiPlaSim) including an oceanic

mixed—layer we have adopted an experimental design i 3). Here, an im-
posed oceanic heat transport of simple analytic form anld vatying strength allows for systematic
analyses.

We found a compensation of the changes in oceanic heat trdrigpthe atmosphere in consis-
tence with Stone’s (1978) conclusions. The presence oficearay explain the deviations from

a perfect compensation as discussed i ). While all components of the
atmospheric heat transport are affected by the compensdltieir relative importance for the to-
tal transport remains almost unchanged. While the atmesptmmpensates very effectively the
changes in the OHT, so that the total meridional heat tramspaveakly altered, the climate as
a whole strongly depends on the chosen value of the OHT. Té$ie teason for this is that the atmo-
sphere and the ocean transport heat at different heightsands different temperature gradients.
In agreement with Rose and Ferreira, we have found an inefake global mean near—surface
temperature and a decrease of the equator-to—pole temegabdient with increasing OHT for
OHThax < 3 PW. For larger OHT, the temperature gradient still decrelséthe global average re-
mains constant. For the tropics, there is a significant @seref both temperature and its gradient for
OHTmnax > 2 PW, with a reversal of the gradient for OHZ > 3 PW. For smaller OHT, we observed
a slight warming and a reduction of the gradient with incieg@®©HT. The latter is consistent with
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results from_Koll and A tJ_(;O_{S). However, in their aguaret the tropical temperature show
little sensitivity with small increases for all imposed §itive) OHTSs (up to 3 PW).
A tropical cooling for imposed oceanic heat transports sehat larger than present-day values

has also been found ngLBmeLo_ek MOM) in a more comgbexpled atmosphere-slab ocean

model with present—day land—sea distribution. They argaé this suggests present—day climate

being close to a state where the warming effect of OHT is midch Barreiro et al. related the
tropical cooling to a strong cloud—SST feedback and showatithe results are sensitive to the
particular parameterizations. Though our simulationshégély idealized and do not represent all
the complexities of the real climate system, it is interestio note that we find almost no further
increase of the global near surface temperature for QkIF 2.5 PW and maxima i®™ and©®— at
about the same value of OHT.

Confirming the results of previous studies (Herweijer et2005; Barreiro et al., 2011; Koll and
Abbot, 2013) we have found a decrease of the Hadley cell foreasing OHT. In addition, the
Hadley cell broadens and the maxima of the Hedley and theeFegH shift polward when OHT
obtains large values (OHEx > 2.5 PW).

Sea—ice gradually decreases with increasing OHT. Thougihonal average sea—ice is present for
all simulations, for OHT,ax > 2 PW areas of open water are present for all latitudes duringrser.
This may suggest that sea—ice is playing an important ralemrolling the global mean temperature
and/or the position of the Ferrel cell. However, we did notl faufficient evidence to support this
hypothesis.

Separating individual sources by applying the Kuo—Eliassguation showed that the character-
istics of the Hadley cell can be explained by the mean meamnalioirculations related to the diabatic
heating and, to a smaller extent, to the friction. In our datians, the meridional circulation induced
by friction also controls the behavior of the Ferrel celldgdransports of heat and momentum ap-

pear to be less important. This is different from result _t'nm_lﬁ.n_d_Le_l%[(ZQ_Q]lb) where the mean
meridional circulation related to eddy fluxes account fayatb0 % of the Ferrel cell’'s strength. The
coarse vertical resolution may be responsible for a redaddg activity.

In agreementwitlj Czaja and Marshhll (2b06) the total athesp meridional heat transport is re-

lated to the strength of the transformed Eulerian meanuasidean streamfunction and the contrast

of moist static energy across the circulation. As obtainesidale analysis by Czaja and Marshall, the
residual mean streamfunction in the mid—latitudes is daweith by the so called eddy stress which
is given by the meridional transport of (moist) static eryerg

The response of global thermodynamical properties of timaté system has been studied fol-
lowing a theoretical framework introduced r 0

Increasing OHT leads to the reduction in the difference betwthe warm pool temperatuge”
and the cold pool temperatuég—. The latter implies that the atmospheric system becomes mor
isothermal in the horizontal. The temperature differenstsvieen the warmg™) and the cold® )
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heat reservoir decreases for increasing oceanic heaptregnghis is basically caused by enhanced
warming in the extratropics and by tropical cooling for ieasing OHT. Main driver for this is the
poleward relocation of latent heat release patterns (mmi/sh This may lead to further warming

due to the water vapour feedbal;k (Herweijer é@h@&@ﬁﬁl ZQﬂl).

The effect of thermalisation leading to the reduction oféffeciency of the system with increasing

intensity of the ocean heat transport can be related to tbeedse in the reservoir of the potential
energy available for conversion in the Lorenz energy cyde strength of the Lorenz energy cycle
linearly decreases with increasing OHT. A change to smabesitivity is observed at OHikx=
2.5PW.

The magnitude of all reservoirs and conversions of the Loemergy cycle decreases with in-
creasing OHT. However, the sensitivities diffék; and the conversion from?y; to Pg exhibit the
largest changes. Eddy kinetic energy, the barotropic asivefrom eddy kinetic energy to zonal
mean kinetic energy, and the conversion from zonal mearikiarergy toPy; are least affected

When considering stronger oceanic transport, the climatem is characterized by a declining
total material entropy production, while the degree ofensibility increases, since the decrease in
entropy production by frictional dissipation is more inderthan the decrease in entropy generation
due to sensible and, in particular, latent heat flux. The flulat@nt heat contributes most to the
material entropy production in the climate system. Whemgasing the heat transport in the ocean
from 0.0 PW to 1.5 PW, material entropy production due to latent heat flux iases which can
be explained by an outspread of convection from the deejicsapto the mid latitudes, while the
maximum latent release is still located in the central tepWhen increasing the heat transport
further, convective processes collapse in the deeps sapid, thus, affecting evaporation intensities
at tropical sea surface by reducing it. As a result, a deerieasaterial entropy production by latent
heat fluxes can be noted from the increase of the oceanicraeapbrt larger tha.0 PW.

Overall, our study demonstrates the large impact of theracdeeat transport on the atmospheric
circulation effecting the zonally symmetric flow, the zdgasymmetric flow and the interaction
between both. By reducing the meridional temperature gragdan increased oceanic heat transport
slows down the atmospheric mean meridional circulationsiifis the Hadley and the Ferrel cell.
In addition changes in OHT substantially modify global thedynamic properties like the strength
of the Lorenz energy cycle, the efficiency, the entropy potidn and the irreversibility.

The reduction of the meridional gradient of the surface terafure is one of the major features
of global warming I.@?) showed a consistent wealdgand poleward expansion of the
Hadley cell in IPCC AR4 simulations. Hence, changes in theaa@ heat transport may signif-
icantly modify the response of the atmospheric circulatmgreenhouse warming. A weakening
of the oceanic meridional overturning circulation, as ot by the majority of coupled ocean—
atmosphere general circulation models (though with largeettainties; IPCC, 2013), would there-
fore act as a negative feedback mechanism. This negatidbdek might become even more im-
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portant when strong melting of inland ice sheets, due toajlalarming, is taken into account. The
associated input of large amounts of fresh water has a hugmtp to slow down the oceanic
circulation.

Complementing the investigation Lgy Rose and FngEi_ritl)Z@ﬂa helping to understand the prop-

erties of warm equable climates a subsequent study may @ctie role of latitudinal location of

the peak OHT. In the present set of experiments the peak mcgansport was fixed at the latitude
of 27°. Due to the local atmospheric compensation, thisgpesitially affects the atmospheric heat
transport components relevant in this region which is thdyeatansport of latent heat. The overall
response may be different if the OHT peak is located in regjiwhere other components of the
atmospheric heat transport are more important.

Another possible future line of investigation may deal vathdying planets with different astro-
physical parameters, such as rotation rate, eccentraity,obliquity, with the goal of contributing
to the rapidly growing field of investigation of the atmospdseof exoplanets.

Appendix A: The mean meridional circulation

To analyse the mean meridional circulation we make use ofthealled Kuo—Eliassen equation
(Kuo, 1956; Eliassen, 1951). Itis a diagnostic equatiorciinglates the mean meridional circulation
(i.e. Hadley, Ferrel and Polar cell) to different sources.
Applying the quasi-geostrophic approximation and defirdrsgreamfunction) with
__ 9 %

2mrcos¢g Op

wj=——J oY
2mrcos ¢ rdg

[]

the Kuo—Eliassen equation may be derived as (see, e.ggtBeird Oort, 1992, Chap. 14.5.5)

Po g b (0800) 1 00

2rrcosg Op2  2mr3pld] O \ Ip O rp[T] 0¢ ¢,

OF)

ap

1 0 Ov*0*]cosd

C12p[0] 96 cos g0

n [ 0?urv*]cos? ¢
rcos? ¢ Opdo

—f

where, in addition to the symbols defined aboyés the Coriolis parametep, density,f potential
temperature) diabatic heating and’ the tendency of the zonal wind due to friction.

We solve the Kuo—Eliassen equationfoby applying an iterative method (Gauss—Seidel method)
to its finite difference approximation. Thus, we are ableitmdose the contributions from the dif-
ferent sources to the mean meridional circulation, whiehddabatic heating (1st term r.h.s), friction
(2nd), meridional eddy heat transport (3rd) and eddy moumemtansport (4th). We note that, though
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the equation, in the present form, involves the quasi-gepkic approximation, it has shown to be
reasonably applicable even in the deep tropics (Kim and 2@@1a, b). In addition, as pointed out
by Kim and Lee, it should be noted that this diagnostics willygyield direct effect of the particular
source. Since all processes are strongly interlinked amirgone source will lead to changes in
other terms. For example, according to the equations ofanathianges of the meridional eddy mo-
mentum transport will have consequences for the frictiolisgipation of zonal mean momentum.
These indirect effects cannot be identified with our (lineaethodology.

While the Kuo—Eliassen equation gives us the classicaétbed picture of the mean meridional
circulation the transformed Eulerian mean (TEM) formal{gmdrews and Mclintyre 1976) provides
a closer link to the total atmospheric meridional heat fpannis

Defining the residual streamfunctign., with

oo 9 Ores
" 21rcosg Op
w _ g 8¢res
res 2mrcos¢ rod
and

- 19 ([v6]cos¢
wres_[w]+rcos¢8¢< 96s/0p )

an equation similar to the Kuo—Eliassen equation can ber@stdory,..

- Ay \ dp 0¢

29 Ptres g 0 (593 awres) 10 Q]
2nrcos¢  Op? 273 p[6] O N

[ O(divF)
~rcos¢  Op

Here the total effect of the eddies on the meridional cirboia(viewed from a Lagrangian per-
spective) is given by the divergence of the Eliassen—Pabafith

Fy = —rcos[u*v”]
[v*6%]
F = S
» frcosgbaes/ap

Cazja and Marshall (2006) showed that the atmospheric teaport can be represented by the
product of the strength of the TEM residual circulation amghtertical contrast in moist static energy
(or equivalent potential tempertautg if the eddy transport ofheta is replaced by the transport of
theta,.
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Appendix B: Non—equilibrium thermodynamics

LetQ be the volume domain of the climate system &hble the local heating rate due to frictional
dissipation and convergence of heat fluxes including ragiasensible and latent heat components.
At each instant we divide() into two subsections, so thék(x,t) > 0,z € QT definingQ™, and
Q(z,t) <0,z € Q~ for @~ respectively. We wish to remark that the domdilsand2~ are time
dependent. Integrating the two heating components reitsnulfg+ pQtAV + fQ, pQ~dV = o+ +

P JthgglnL(;Oj)O) aAd#L&_mlirli (2009) show that the time a‘mggjui)_— gives the rate of

generation of available potential energy, so that:

W=0dt+d. (B1)

The efficiency of the climate machine can now be expressed as:

+ b

— (B2)
o+

7’] =
This expression represents the ratio for the work oufb_hH—(i)_— to the heat inpuﬁj. At
+(=) +(=)
each instant one defines the quantifies ) = Jo p@T7 pQ , which are the instantaneous entropy

sources and sinks in the system. As explalnwwxm [(29_d9) we have that

>+ 43— = 0. We can then introduce the scale temperat@és_ and 0 = ;: so that eq.

BZ can be rewritten as

0t -0~

=97 (B3)

where®©*t > 0.

Hence, the motion of the general circulation of the systembessustained against friction because
zones being already relatively warm absorb heat whereaslhgvely low temperature zones are
cooled.

The Lorenz energy cycle can thus be seen as resulting fromdaheof an equivalent Carnot en-
gine operating between the two (dynamically determinesimepirs at temperatu@™ andO—. Yet,
the climate is far from being a perfect engine, as many inglke processes take place; nonetheless,
a Carnot—equivalent picture can be drawn as described.

Let us now delve into such irreversible processes. In theatk system two rather different

sets of ﬁrocesses contribute to the total entropy prowwrmwww;

0). The first set of processes is responsiblehforirteversible thermalisation of

photons emitted near the Sun’s corona at roughly 5800 K,rhbdoand then re—emitted at much
lower temperatures, typical of the Earth’s climate265K). This gives the largest contribution
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to the total average rate of entro roduction for the Eaytstem of about 900 mWn? K1

Mr@@ﬁm The remaining domion is due to the processes re-
sponsible for mixing and diffusion inside the fluid compohehthe Earth system, and for the dis-
sipation of kinetic energy due to viscous processes. Thistdates the so—called material entropy
production, and is considered to be the entropy relatedtigyaf main interest as far as the prop-
erties of the climate system are concerned. Further releeaparch on entropy production in the
climate system treating also the geochemical and radiaetim&ribution to entropy production can be

found in|LIeid_oJ1 l(;o_dg) anld Wu and L[ih (2d10) respectively.
The entropy budget of geophysical fluids at steady statmvﬁbig|§_o_o_d_ll I(LO_Qlo); Lucarini et £I.

), is given by:

$(Q) = / P (qg‘jd + smat) av =0, (B4)
Q

whereq,..q indicates the heating rate by the convergence of radiatixe$l7" is the local temper-
ature at which the energy is gained or lost, whilg,; represents the density of entropy production
associated with the irreversibility of processes invalvthe fluid medium. Ed_B4 represents the
entropy budget and states that in a steady state the rad@ttvopy source must be balanced by the
rate of material entropy productid,.; due to material irreversible processes. See a detailed dis-
cussion of this aspectin Lucarini and Paé&@le_&OM), wihereontributions to the material entropy
production at various spatial and temporal scales are sbecli

In a steady-state climate the material entropy producﬁ‘i,QQt(Q) can be expressed in general

terms as:

S @) = [ gV = [ SV 4 [ (Fronit Py Vv == [pZetav. @9)
Q Q Q Q

wheres, . is the time averaged density of entropy production due tddahewing irreversible
processes inside the medium: dissipation of kinetic enérgjys the specific dissipation rate) and
turbulent transport of heat down the temperature gradiE€nt,{; and F';,;, being the sensible and
latent turbulent heat fluxes, respectively).

One needs to underline that a more refined treatment of thhemnproduction related to the
ydrological cycle has been proposed by e.g. Paului €l025), Pauluis and Held (2002b)
an 8). Nonetheless, as discussed in Lucari i(|2_0_ﬂ), the overall contribution of the

entropy production due to the hydrological cycle can be mstracted to a high degree of accuracy

also in the simplified method proposed here.
Note that one can compute the entropy production as:

: 2 — Vv Fsens F a Fsens Fa
Smat(sz)z/%dv+/ A = + ”)dv+/%-ﬁd& (B6)
o

Q Q
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where the first term is unchanged, the second terms desdhibemntropy gain and loss due to
heating and cooling by convergence of sensible and latebtifent heat fluxes, and the last term
is the net entropy flux across the boundarie$201f one consider the atmospheric domain{as
such term becomes equal to the integral at surface of the batiween the sum of the sensible
and of the latent heat flux divided by the surface temperatgdB8 represents the way entropy
production is typically computed in numerical models. leoronsiders the whole climate system
as (2, the boundary terms disappear. Nonetheless, another temponional to a Dirac’s delta at
z = zgurp = 0 @ppears, resulting from the divergence of the turbulentdiuexto the net evaporation
at surface. If we integrate ove, corresponding to the whole climate system, the contrilowai this
term is exactly the same as in the case wiieomrresponds to the atmosphere only. In other terms,
our simplified, non—dynamical representation of the oceauch that all the entropy is produced in
the atmosphere.

We can now separate in dg.]B5 - or, equivalently, in[ed. B6 tisetrm from the rest, so that,
following ), the material entropy productican be expressed as:

S’I‘I’Lat (Q) = szn (Q) + Sewc(ﬂ)7 (B7)

wherem is the minimum value of entropy production compatible witle oresence of
average dissipation rag{a2 e2dV, while m is the excess of entropy production with respect to
such minimum. One can associéﬁt?a exactly with the term in e B5 related to the dissipation of
kinetic energy, Whiles'z can be identified with the sum of the other two terms.

If we take the ratio of the two terms on the right—hand sidegifig&d, we have that

Sewc(Q) ~ fQ (Fsens + Flat) . V%dv
where« is the degree of irreversibilit09) and detéres the ratio between the

contributions to entropy production by down—gradient tiebt transport and by viscous dissipation

a= (B8)

of mechanical energy. If this ratio is close to zewo{ 0), all the production of entropy is exclu-

sively caused by unavoidable viscous dissipation. If tmbuient heat transport in the system from

high to low temperature regions is enhanced, then also gnpooduction increases. However, if

the turbulent heat transport down the temperature graiemiaximised, the efficiency declines,

since the temperature difference between the warm and esé&hroirs tends to become zero. The

characterisation of the maximum entropy production ppleciMEPP sug%m that the climate
1

o, Grabdl, 1981,

system adjusts in such a way to maximize the entropy proalu¢ialtridge
i 5).
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Appendix C: The Lorenz energy cycle

The atmospheric energy cycle proposer1955)1633®the most important concepts to
understand the global atmospheric circulation by meansefgy conservation and by considering
the integrated effects of physical mechanisms involvedt, i) e.g., the generation of available po-
tential energy by external forcing, the dissipation of kinenergy and the energy conversions by
baroclinic and barotropic processes. At the same time @ginformation about the relative impor-
tance of the zonal mean circulation, the eddies and thedictien between both.

Refering to the reservoirs of zonal available potentialrgpeeddy available potential energy,
zonal kinetic energy and eddy kinetic energyiag, Pg, K\ and Kg, respectively, the Lorenz
energy cycle (i.e. the budget equations) may be written as:

dP

— = 5] = C(Pu, Pe) - C(Pu, K)
AP

5 = 56+ C(Bu. Pe) — C(Pp, Kr)
dK

d_tE = Si + C(Pg, Kg) — C(Kg, Ku)
ARy

= [Sk] + C(Kg, Kn) + C(Pu, Kyp)

where[Sp], S§, [Sk] and S}, are external sources/sinks of the respective quantitid<’qul, B)
denotes the conversion frormto B.

To compute the individual contributions we follow the Womummhﬁndﬁpﬂjml). In pres-

sure coordinates, the reservoirs are given by:

Py = <%([T] - {T})2>

and the conversion terms are:

o <W ([U*T*J% T (8([T]a_p{T}) - pip (71— {T})>>>

C(Pat, Kot) = — <§<[w] W - {Tv}>>

C(Pe. k) =~ (T3]

C(Kwm,Kg) = <([u*v*]% + [u*v*][u]@ + [U*U*]%

w22 a9+ 15 )
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with [z] =zonal mean;z* =deviation from zonal mean{xz} =global horizontal mean{z)
= ﬁfA fp xdpdA; A =horizontal Area;c, = specific heat at const. pressuke;= gravity; p
= pressurer =radius of the EarthR = gas constanf]’ =temperature]’, = virtual temperaturey
= zonal wind;v = meridional windyw = vertical (p) velocity; ¢ = latitude;~ = stability parameter
— & (Y0 ) o

— p \ Op cp P :

The external sources/sinks are diagnosed from the regpeesiduals. We note that in Ulbrich
and Speth these energetics were formulated for a mixed sfy@eedomain. In our case, however,
the contributions by stationary eddies are zero becauseddnally symmetric forcing.

We also note that by using above equations the computed bawveraged values include contri-
butions from the annual cycle. It turns out, however, thdy ¢ime reservoirs?y; and Ky, and the

conversiorC'( Py, Ky ) are affected.
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Figure 1. Oceanic heat transport (in PW) for Ol& =0, 1, 2, 3, and 4 PW.
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a) Hadley Cell Sources
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Eliassen equation. Circles indicate the actual strengtheofespective cell
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a) OPW residual (dry) b) OPW residual (moist)
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Figure 10. Climatological annual mean residual stream function1@° kgs—') for OHTmax= 0 PW: (a)
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(blue) as well a® ™ and®~ (green) as a function of maximum energy transport in the mdeawer: Scatter

plot of time—averaged global mean temperature differeeteden equator and pole as well@$ and® .
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Figure 15. Time average of efficiency) (upper) and intensity of the Lorenz energy cy(tTé (lower) for
steady state obtained for varying oceanic heat transpotted line represents best linear fit fol0i)p) PW <
OHTmax < 2.5 PW (blue)and for ii)2.5 PW < OHTmax < 4.0 PW (red) with polynomial coefficients of n-th

order,pn—=1 andpn—o.

40



a) Reservoirs

— T T T T

e 100 F Py —%— 7
s E

m'_’ Kg —¢—
S Kyg ———
° 10

g N
2

5 M
Q 1F

o 1 1 1 1 1 1 1

0 0.5 1 15 2 25 3 35 4
OHT oy [PW]

b) Conversions
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Figure 16. Climatological mean Lorenz energy cycle: reservoirs (upipel0® J m~2), conversions (middle,
in W m~?) and sources/sinks (lower, W m~2) for all simulations.
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Figure 17.Upper: steady—state global mean material entropy prasfusti,.. (blue graph) and degree of irre-

versibility «. Lower: most relevant contributions 6%, split into S... andS,:», as a function of increasing

oceanic heat transport.
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Figure 18. Entropy production from moist processes for QiJ= 0, 1, 2, 3, and 4 PW.
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