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Abstract. A general circulation model of intermediate complexity with an idealized earth–like aqua-

planet setup is used to study the impact of changes in the oceanic heat transport on the global

atmospheric circulation. Focus is put on the atmospheric mean meridional circulation and global

thermodynamic properties.

The atmosphere compensates the imposed oceanic heat transport changes to a large extent, and5

significant modifications of the atmospheric general circulation can be noted. Up to a maximum of

about 3 PW, an increase of the oceanic heat transport leads toan increase of the global mean near–

surface temperature and a decrease of its equator–to–pole gradient. For larger transports, the gradient

is reduced further but the global mean remains approximately constant. This is linked to a cooling

and a reversal of the temperature gradient in the tropics.10

For increasing oceanic heat transport both the Hadley and Ferrel cell show a decline and a pole-

ward shift of their maxima. Changes in zonal mean diabatic heating and friction impact the properties

of the Hadley cell, while the behavior of the Ferrell cell is mostly controlled by friction. Changes

in atmospheric heat transport are related to the strength ofthe residual mean circulation where eddy

transport of heat is the most important source.15

The efficiency of the climate machine, the intensity of the Lorenz energy cycle and the material

entropy production of the system decline with increased oceanic heat transport. This suggests that

the climate system becomes less efficient and turns into a state of reduced entropy production, as the

enhanced oceanic transport performs a stronger large–scale mixing between geophysical fluids with

different temperature, thus reducing the availability in the climate system and bringing it closer to20

a state of thermal equilibrium.
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1 Introduction

The climate is a forced and dissipative non–equilibrium system, which - neglecting secular trends -

can be considered to be in steady state, i.e. its statisticalproperties do not depend on time. Astronom-

ical factors and differences of local albedo cause a difference of net incoming shortwave radiation25

between low and high latitudes leading to differential heating and a surplus of energy in the tropics.

Over a global and long–term averages all supplied energy is emitted to space, so that the incom-

ing shortwave radiation is balanced by the outgoing longwave radiation (Peixoto and Oort, 1992;

Lucarini and Ragone, 2011). The ocean and atmosphere transport the excess of energy from the

tropics to high latitudes.30

The oceanic and atmospheric transports result from the conversion of available potential energy

- due to the inhomogeneous absorption of solar radiation, with positive correlation between heating

and temperature patterns - into kinetic energy, through instabilities arising, typically, from the pres-

ence of temperature gradients (Lorenz, 1955). Such instabilities tend to reduce the same temperature

gradients they feed upon by mixing oceanic and atmospheric masses. The kinetic energy is then35

dissipated inside the system. The production of available potential energy, its conversion to kinetic

energy, and the dissipation of kinetic energy have the same average rate, which corresponds to the

intensity of the Lorenz (1955; 1967) energy cycle.

Recently, using tools of macroscopic non–equilibrium thermodynamics, a connection has been

drawn between a measure of the efficiency of the climate system, the spatio–temporal variability40

of its heating and temperature fields, the intensity of the Lorenz energy cycle and the material en-

tropy production (Johnson, 2000; Lucarini, 2009; Lucariniet al., 2011). As mentioned above, the

climate can be considered as a (forced and dissipative) non–equilibrium thermodynamic system

where the entropy budget is achieved in such a way that the sumof the incoming entropy flux due

to the solar high frequency photons, and the entropy generated by irreversible processes in the at-45

mosphere and ocean, is compensated by the radiation to spaceof low frequency photons. Most of

the entropy production results from optical processes, while a smaller portion - referred to as ma-

terial entropy production - is related to the irreversible processes in terms of the geophysical fluids

(Kleidon and Lorenz, 2005). So the Earth is, in contrast to a system that is isolated and therefore

maintained in a state of equilibrium, a thermodynamic system that exchanges energy and entropy50

with space (Ambaum, 2010).

Stone (1978) argued that the magnitude of the total meridional heat transport, i.e. the sum of the

oceanic and the atmospheric contributions, is insensitiveto the structure and the specific dynamical

properties of the atmosphere–ocean system, so that changesof the oceanic heat transport (OHT) will

be compensated by the atmospheric flow and vice versa. In particular, he suggested that the peak of55

the heat transport is constrained within a narrow range of latitudes regardless of the radiative forcing.

Stone concluded that features of the meridional heat transport can be related to the solar constant,

the radius of the Earth, the tilt of the Earth’s axis and the hemispheric mean albedo. He argued that
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the insensitivity to the structure and the dynamics of the system is due to the correlation of thermal

emissions to space, the albedo and the efficiency of the transport mechanisms of the atmosphere and60

the ocean.

Enderton and Marshall (2008) discussed the limits of Stone’s hypothesis by employing a series

of coupled atmosphere–ocean–sea–ice model experiments inwhich the oceanic circulation on an

aqua-planet is constrained by different meridional barriers. The presence or absence of the barriers

result in significantly different climates, in particular in climates with and without polar ice caps.65

Enderton and Marshall concluded that Stone’s result is a good guide for ice–free climates. However,

they also noted that the effect of the related meridional gradients in albedo on the absorption of solar

radiation need to be taken into account if polar ice caps are present.

The atmospheric compensation implies a significant impact of changes in OHT on the atmospheric

circulation as a whole. These changes in the atmospheric circulation concern the zonally symmet-70

ric flow, the zonally asymmetric (eddy) flow and the interplaybetween both. Thus, changes in OHT

have been commonly used to account for paleo–climatic changes (e.g., Rind et al., 1991; Sloan et al.,

1995; Romanova et al., 2006). Moreover, OHT is an important factor for potential anthropogenic

climate change since significant modifications of it can be expected. Unfortunately, there are large

uncertainties in the changes in the oceanic circulation simulated in climate change scenarios (IPCC,75

2013). These result from, amongst others, uncertainties infresh water forcing due to potential melt-

ing of inland ice sheets. To assess the role of the ocean for historical and potential future climates

the impact of the OHT on the atmospheric circulation and the underlying mechanisms need to be

investigated systematically.

A way of studying the impact of changes in OHT on the atmospheric circulation is to utilize an80

atmospheric general circulation model coupled to a mixed–layer ocean. In such a model the OHT

can be prescribed. Using a present–day setup including continents Winton (2003), Herweijer et al.

(2005), and Barreiro et al. (2011) found that increasing OHTresults in a warmer climate with less

sea–ice. A reduction of low–level clouds and an increase of greenhouse trapping due to a moistening

of the atmosphere appeared to be relevant mechanisms. In addition, a weakening of the Hadley cell85

with increased OHT was found by Herweijer et al. (2005) and Barreiro et al. (2011).

Utilizing an idealized aqua–planet setup, Rose and Ferreira (2013) systematically assessed the im-

pact of the OHT on the atmospheric global mean near–surface temperature and its equator–to–pole

gradient. For warm and ice–free climates they confirm a near–perfect atmospheric compensation of

the imposed changes in OHT. Like in the above studies including continents, they found an increase90

in global mean temperature for increasing OHT, accompaniedby a decrease in the equator–to–pole

temperature gradient. Tropical SSTs were shown to be less affected than at higher latitudes. The de-

tailed meridional structure of the oceanic heat transport turned out to be less important. Changes in

deep moist convection in the mid–latitudes, together with an enhanced water vapor greenhouse ap-

pear to be the major drivers. Koll and Abbot (2013) confirmed the low sensitivity of tropical SSTs to95
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OHT changes. In their aqua–planet experiments, larger OHT leads to a weakening of the Hadley cell

which reduces cloud cover and surface winds, and thus, counteracts surface cooling by increasing

OHT.

In the present study we extend and supplement the above studies. Based on the experimental setup

of Rose and Ferreira (2013) we focus on the impact of OHT changes on the atmospheric dynamics100

and thermodynamics. Our overall goal is to understand how the atmospheric energy transport and

transformations are affected by modulations in the oceanicoceanic transport. We analyse the changes

in the atmospheric heat transport and the mean meridional circulation by employing, amongst others,

the Kuo–Eliassen equation (Kuo, 1956; Eliassen, 1951) in order to understand the various drivers of

the mean meridional circulation.105

Furthermore, the integrated effect on the global atmospheric energetics is assessed by changes

in the properties of the effective warm and cold reservoirs constructed according to the theory pro-

posed in Johnson (2000) and Lucarini (2009). This allows fordefining a measure of the efficiency

of the climate system viewed as a (equivalent Carnot) engine. Attention is directed to measuring

the irreversibility of the atmosphere and the material entropy production. This part tries to frame110

specific climatic processes of general relevance into a general physical framework, trying to advance

the understanding of the climate as a non–equilibrium, forced and dissipative macroscopic system.

Links between the climate engine view and the classical Lorenz energy cycle (Lorenz, 1955) pro-

vide a consistent picture of the observed changes and document the relevance of the climate engine

approach.115

The paper is organized as follows. In Sect. 2 we describe the model and the experimental design.

Sect. 3 introduces our diagnostics. The results of the analyses are presented in Sect. 4. A summary

and discussion concludes the paper (Sect. 5).

2 Model and experimental setup

The Planet Simulator (PlaSim; Fraedrich et al., 2005) is an open source general circulation model120

(GCM) of intermediate complexity developed at the University of Hamburg. For the atmosphere, the

dynamical core is the Portable University Model of the Atmosphere (PUMA) based on the primitive

equation multi–level spectral model of Hoskins and Simmons(1975) and James and Gray (1986).

Radiation is parameterized by differentiating between shortwave and longwave radiation and be-

tween a clear or a cloudy atmosphere. The respective schemesfollow the works of Lacis and Hansen125

(1974) for the short wave part and Sasamori (1968) for the long–wave part. The radiative proper-

ties of clouds based on Stephens (1978) and Stephens et al. (1984). Cloud fraction is computed

according to Slingo and Slingo (1991). The representation of boundary–layer fluxes and of verti-

cal and horizontal diffusion follows Louis (1979), Louis etal. (1982), Roeckner et al. (1992), and

Laursen and Eliasen (1989). The cumulus convection scheme is based on Kuo (1965, 1974). The130
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ocean is represented by a thermodynamic mixed–layer (slab ocean) model including a one layer

thermodynamic sea–ice component.

Following Rose and Ferreira (2013) we used an earthlike aqua-planet setup with zonally sym-

metric forcing utilizing reference present day conditionsfor the solar constant (1365Wm−2)

and theCO2-concentration (360ppm). The solar insolation comprises an annual cycle (with135

obliquity=23.4◦) but eccentricity is set to zero. Thus, on annual average theforcing is hemispheri-

cally symmetric as well. The mixed–layer depth is set to 60 m.

A temporally constant flux into the ocean (q–flux) is used to prescribe the oceanic heat transport

(OHT) according to the analytic equation given by Rose and Ferreira (2013):

OHT= OHT0 · sin(φ)cos(φ)
2N (1)140

whereφ denotes the latitude.N is a positive integer which determines the latitude of the maximum of

the transport and the shape of its meridional profile, and OHT0 is a constant defining the magnitude.

Rose and Ferreira made sensitivity experiments by varyingN (ranging from 1 to 8) and by varying

the peak transport (ranging from 0 to 4 PW) which is controlled by OHT0.

For our study we follow Rose and Ferreira but fix the location of the peak by settingN = 2 (which145

corresponds to maximum transport at 27◦). We perform nine sensitivity simulations with respect to

the magnitude of the transport by changing OHT0 to obtain peak transports OHTmax from 0 PW to

4 PW (with 0.5 PW increment). OHTmax= 0PW (i.e. no OHT) serves as the control simulation. The

OHT for OHTmax= 0, 1, 2, 3 and 4 PW is displayed in Fig. 1.

All simulations are run for at least 100 years (360 days per year). The last 30 years are subject to150

the analyses. A horizontal resolution ofT 31 (96× 48 grid points) with fiveσ–levels in the vertical

is used. The timestep is∆t= 23min.

3 Diagnostics

The dominant feature of the large scale ocean and the atmosphere dynamics is the transport of

energy from regions featuring net positive energy budget atthe top of the atmosphere low latitudes)155

to regions where such budget is negative (high latitudes). This reduces the temperature gradient

between equator and poles (e.g., Peixoto and Oort, 1992; Lucarini and Ragone, 2011). In present

conditions, The partitioning of heat transport between atmosphere and ocean reflects two limits:

the dominance of the atmospheric mass transport in mid–to–high latitudes and the dominance of

the oceanic energy transport in the tropics. The atmospheric transport can be further subdivided in160

the sensible heat, latent heat and potential energy components. We will investigate the response of

changes in the imposed OHT for each of these components, and will further specify the analysis

by considering both the zonally symmetric contributions, due to the mean meridional circulation

(MMC) and the zonally asymmetric contributions, due to the atmospheric eddies.

5



In the classical view (the Eulerian mean circulation), the mean meridional circulation consists of165

three cells: the tropical Hadley cell, the Ferrel cell in mid–latitudes and a weak polar cell. While the

Hadley and the polar cell are thermally direct circulations, i.e. relatively warm air is rising and cold

air is sinking, the Ferrel cell is referred to as a thermally indirect cell with warm air sinking and cold

air rising. Though the mean meridional circulation can be viewed as a two dimensional circulation in

the meridional–height plane, both zonally symmetric and zonally asymmetric components contribute170

to its existence.

The transformed Eulerian mean (TEM) formalism (Andrews andMcIntyre, 1976) accounts for

the role of the eddies in the mean meridional transport. In particular, it provides a closer link to the

total atmospheric meridional heat transport. The TEM residual circulation approximates the (dry)

isentropic mean circulation resulting in a single cell fromthe equator to the pole.175

Based on work by Held (2001), Czaja and Marshall (2006) showed that the atmospheric heat

transport can be represented by the product of a moist TEM residual circulation and the vertical

contrast in moist static energy (or equivalent potential temperatureθe). The moist residual circulation

is given by replacing all terms containing dry static energy(or potential temperature) by their moist

analogs.180

Utilizing the Kuo–Eliassen equations allows to identify individual drivers of the Eulerian mean

meridional circulation (Appendix A). A similar partitioning is done for TEM residual steamfunction

which provides a direct link to the atmospheric heat transport. However, Pauluis et al. (2011) and

Laliberté and Pauluis (2010) pointed out that there is no simple way to represent a well–defined

moist isentropic circulation in the latitude–pressure plane. Therefore, to assess the effect of moisture,185

we additionally investigate the mean circulation on dry andmoist isentropes.

This summarizes the diagnostics tools aimed at capturing a phenomenological description of the

atmospheric circulation.

A second set of diagnostic tools is based on taking a thermodynamical point of view on the at-

mospheric circulation. One finds that on the average a net positive work resulting from the positive190

correlation between temperature and heating fields upholdsthe kinetic energy of the global circula-

tion against the frictional dissipation (Peixoto and Oort,1992).

The atmospheric energy cycle (Lorenz, 1955, 1967) is one of the most important concepts to

understand the global atmospheric circulation as it provides a comprehensive look at the integrated

effects of physical mechanisms involved, the generation ofavailable potential energy by external195

forcing, the dissipation of kinetic energy and the energy conversions by baroclinic and barotropic

processes. If the climate system is in a statistical steady state, the rate of generation of available

potential energyĠ, the rate of conversion of potential into kinetic energyẆ , and the dissipation

rate of kinetic energyḊ are equal when averaged over a long period of time (e.g. several years).

Thus,Ġ= Ẇ = Ḋ > 0, where the bar indicates the operation of time averaging. This allows for200

characterizing the strength of the energy cycle in several ways.
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Following the work by Johnson (2000) and Lucarini (2009) we consider the global energy cycle

as resulting from the work of an equivalent Carnot engine operating between the two (dynamically

determined) reservoirs at temperatureΘ+ andΘ−. According to this concept, an efficiency of the

climate system (η) can be defined by205

η =
Θ+−Θ−

Θ+
(2)

Furthermore, following the same theoretical point of view we analyse the entropy production

which leads to a measure of the irreversibility. An outline of the theory and the according diagnostics

is given in Appendix B.

The diagnostics of Lorenz’ formulation of the energy cycle reveals information about the reser-210

voirs partitioned into zonal mean and eddy components, and about the conversions due to different

physical processes (Appendix C). We gain evidence about therelative importance of the individual

components contributing to the energy cycle and the relatedthermodynamic properties. Furthermore,

the classical Lorenz energy cycle helps to provide a link between the phenomenological view (given

by the circulation and transports) and the thermodynamic view (the equivalent Carnot engine), thus215

demonstrating the relevance of the latter.

4 Results

We start presenting the effect of OHT changes on the mean climate in terms of atmospheric near–

surface (2m) temperature, sea–ice and meridional heat transport. First, we note that similar to

Rose and Ferreira (2013) our model exhibits multiple equilibria, a warm state and a snow–ball Earth220

depending on the initial conditions as thoroughly discussed in Boschi et al. (2012) and Lucarini et al.

(2013). In the present study we investigate the warm states only. However, in contrast to Rose and

Ferreira (2013) sea–ice at high latitudes is present in all of the warm state simulations.

Up to about OHTmax= 2.5PW increasing OHT leads to an increase of the global mean (TM)

and a decrease of the equator–to–pole gradient (∆T ) of the annual and zonal mean near–surface225

air temperature (Fig. 2). For this regime an approximately linear relationship betweenTMean and

∆T can be found. For OHTmax> 2.5PW,TM is almost insensitive to an OHT change while∆T is

further reduced. Here, the equator–to–pole gradient is defined by the difference between the values

at the lowest and highest latitude of the model’s grid which are located at about 0.9◦ and 85.8◦,

respectively.230

When inspecting the meridional profiles of the annual and zonal mean near–surface tempera-

tures, we observe that high latitudes are more sensitive to the OHT changes than low latitudes. With

increasing OHT, the polar temperatures continuously increase except for OHTmax= 4PW where

slightly colder polar temperatures than for OHTmax= 3.5PW are found. It appears that this is a con-

sequence of the reduced atmospheric heat transport, slightly over–compensating the increased but235
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still small oceanic heat transport at these latitudes (see later discussion). In the tropics, an increase

of the temperatures is only present until OHTmax= 1.5PW. For larger OHT, the equatorial temper-

atures decrease. In addition, increasing OHT leads to a flattening of the temperature profile in the

tropics until, for OHTmax= 3.5 and 4 PW, the temperature gradient in the tropics gets reversed and

the maximum of the temperature shifts away from the equator to approx.±24◦.240

Sea–ice gradually decreases with increasing OHT. But, evenfor OHTmax= 4PW some sea–ice

remains in polar latitudes. However, for OHTmax> 2PW the average sea–ice cover is smaller than 1

indicating that no latitude is completely covered by sea–ice during the whole year.

Qualitatively, all findings are also true for winter and summer as can be seen in Fig. 3, except that

in summer the sensitivity to OHT changes is small for the highlatitudes that are covered by sea–ice.245

In addition, we note that the seasonality and its sensitivity to OHT changes are small for latitudes

without sea–ice due to the high thermal inertia of the mixed–layer. In the following we restrict the

analysis to the annual mean.

Despite the difference in sea–ice extent (i.e. planetary albedo), the atmospheric heat transport

compensates the changes in OHT to a large extent, as can be inferred from the small differences250

in total meridional heat transport diagnosed from the energy budget at the top of the atmosphere

(Fig. 4).

Now we shift our attention to the global thermodynamic properties and start with discussingΘ+

andΘ−, which characterize the warm and cold reservoirs of the climate engine. Such reservoirs

are constructed in such a way to substantiate the fact that heating and temperature fields are pos-255

itively correlated to gain potential energy (see Appendix B). Qualitatively, the two temperatures

behave similarly when OHTmax is changed (Figure 5). We can classify three temperature regimes:

i) OHTmax< 2.0PW atmospheric warming, ii)2.0PW≤ OHTmax≤ 3.5PW atmospheric cooling,

and iii) OHTmax> 3.5PW weak sensitivity. We observe a higher sensitivity ofΘ− thanΘ+ for i)

which is generally due to the amplified polar warming. The difference betweenΘ+ andΘ−, de-260

noted as∆Θ, decreases with increasing OHTmax implying a decrease in the atmospheric efficiency

of the climate engine (Eq. 2). Interestingly, the difference betweenTM and the average ofΘ− and

Θ+ increases with OHTmax, especially for OHTmax≤ 3.0PW, indicating a reduction in the stability

of the atmosphere. This is understood by considering that larger oceanic transports lead to stronger

warming at low levels in the mid and high latitudes, which must be compensated by a weaker heat265

transport aloft.

The diabatic heating processes constitute the sources and sinks of internal energy for the at-

mosphere and play a decisive role in the generation and destruction of available potential energy

(Peixoto and Oort, 1992). Those processes are displayed as the time– and zonal–averaged diabatic

heating ratesdTa/dt (Fig. 6). The heating rate is calculated as the sum over all diabatic heating270

effects including heating or cooling by the response of radiative heat fluxes, sensible and latent heat

fluxes and vertical diffusion. WhileΘ+ andΘ− are defined using the time and space dependent heat-
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ing fields, inspecting the time and zonal averages of the heating patterns is useful for understanding

how available potential energy is generated (Lucarini et al., 2010).

Simulations with0.5PW≤ OHTmax≤ 1.5PW show diabatic warming in the deep tropics, in the275

mid troposphere and in the subtropical low troposphere, whereas diabatic cooling occurs in the mid

and high troposphere of the subtropics and in polar as well assubpolar regions. Positive heating in the

tropical and subtropical regions is dominated by the contribution of latent heat fluxes, in particular,

heating through convective precipitation (not shown). In the mid to high latitude regions large–scale

precipitation contributes towards a positive heating. Diabatic cooling, on the other hand, is mostly280

caused by outgoing longwave radiation and to a moderate extent by the conversion process from rain

to snow, mostly in the subtropical regions.

We see an extension of the area of positive heating in the mid latitudes towards the poles in the

lower troposphere as well as in the equatorial mid and upper troposphere for larger values of OHTmax.

The poleward migration of the positive heating pattern in the mid–latitudes is closely related to285

the poleward shift of the atmospheric latent heat transport. The area of positive heating broadens

in height at latitudes around50°. Since the positive heating patterns (relevant for defining Θ+) in

the mid latitudes extend in height and is, in addition, stretched poleward, lower temperatures are

considered in the quantity ofΘ+, which explains the smaller sensitivity ofΘ+ than ofΘ− for

0PW≤ OHTmax≤ 1.5PW in Fig. 5. By implication, the warming effect at polar latitudes causes290

the sensitivity ofΘ− to be larger than ofΘ+. For OHTmax≥ 2PW the sensitivity of both,Θ+ and

Θ−, is negative since large parts of the tropical high and mid troposphere cools.

We observe on average a decline in∆Θ of approximately0.4K for every 0.5PW increase in

OHTmax (Fig. 7; black graph). The total temperature difference decreases from7.9K to 4.5K across

the considered range of values of OHTmax. The climate system becomes horizontally more isother-295

mal as OHTmax is reinforced, which is consistent with the decline for the meridional difference in

near–surface temperature∆T (Fig. 7 blue graph, and Fig. 2). We find an linear relation between

∆T and∆Θ: For every10K decline in∆T the reservoir temperature difference,∆Θ, decreases

by approximately0.8K (Fig. 7). This provides a potentially interesting indication of how to relate

changes in the near–surface temperature gradient to quantities describing the dynamic processes in300

the atmosphere.

As the climate warms and the temperature difference betweenthe warm and the cold reservoir

shrinks with increased OHTmax, the efficiencyη declines (Fig. 8). The increase in OHTmax causes

the climatic machine to act less efficiently, in terms of a decrease of the ratio between mechanical

energy output and thermal energy input.305

We observe a linear behaviour forη for 0PW ≤ OHTmax≤ 2.5PW. For every0.5PW increase

in OHTmax the efficiencyη declines by about2.0 · 10−3. For OHTmax larger than present–day val-

ues (OHTmax≥ 2.5PW),η decreases by only0.5 · 10−3 per0.5PW increase. We observe an abrupt

change in the tendency for OHTmax= 2.5PW at which pronounced tropical and subtropical atmo-
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spheric cooling sets in. This indicates that the change in the temperature difference between equato-310

rial and tropical regions cause a drastic change in the dynamical properties of the system.

Material entropy productioṅSmat and the degree of irreversibilityα are shown in Fig. 9 (upper).

As introduced in Appendix B,̇Smat is given by the sum of the minimum value of entropy production

(Ṡmin) compatible with the presence of the average dissipation and the excess of entropy production

(Ṡexc) with respect to such minimum, i.e.315

Ṡmat = Ṡmin + Ṡexc

The ratio betweeṅSexc andṠmin defines the degree of irreversibilityα,

α=
Ṡexc

Ṡmin

and determines the ratio between the contributions to entropy production by down–gradient tur-

bulent transport and by viscous dissipation of mechanical energy.320

With increasing values of OHTmax, the decrease in the efficiency (i.e. the intensity of the Lorenz

energy cycle) and the increase in the near–surface temperature imply a reduction of the part in

Ṡmat linked with frictional dissipation, which is related to lower bound of entropy productioṅSmin.

Nonetheless, one needs to investigate the excess of entropyproductionṠexc, which is linked to the

turbulent heat fluxes down the temperature gradient. The relative decrease in entropy production325

due to frictional dissipation (̇Smin) is stronger than the relative decrease in entropy production by

down–gradient turbulent heat transport (Ṡexc) as featured by the overall increase inα (Fig. 9). Thus,

the entropy production due to the turbulent heat transport down the gradient of the temperature field

becomes more and more dominant as the oceanic transport increases because irreversible mixing

becomes stronger.330

In Fig. 9 (lower) the main contributions of the material entropy production in the model are dis-

played. This includes latent and sensible turbulent heat fluxes and frictional dissipation of kinetic

energy. Entropy production due to latent heat processes, including convective as well as large–

scale precipitation, surface latent heat fluxes and rain–snow conversion processes, makes by far

the largest portion of material entropy production. For small OHTmax, the value of entropy produc-335

tion by latent heat reads35mW m−2 K−1. For increasing OHTmax up to1.5PW the value increases

by 2mW m−2 K−1, while for larger OHTmax, this contribution to entropy production declines by

4mW m−2 K−1. Entropy production by frictional dissipation decreases from 8mW m−2 K−1 for

OHTmax= 0PW to3mW m−2 K−1 for OHTmax= 4PW. Entropy production by sensible turbulent

heat flux at the surface as well as in the atmosphere decreasesby half (from 2mW m−2 K−1 to340

1mW m−2 K−1) with OHTmax increasing. One would expect that larger values of OHTmax would

lead to larger values oḟSmat, using the argument that a warmer planet should be able to have
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a stronger hydrological cycle. For low values of OHTmax, the increase inṠmat due to the hydro-

logical cycle is overcompensated by the decrease in the contribution due to the frictional dissipation.

In order to further clarify the impacts on the material entropy production of increasing OHTmax,345

we split the material entropy production due to irreversible latent turbulent heat processes (F lat in

Eq. B6) into the contributions coming from individual parameterizations (processes) operating in

our model which are convective precipitation, large–scaleprecipitation, surface latent heat fluxes,

and the heat release due to rain–snow conversion. Figure 10 displays the time mean of these contri-

bution coming from each latitudinal belt. Positive contributions indicate a warming while negative350

contributions are related to a cooling due to the respectiveprocess.

Convective precipitation gives the largest positive contribution, particularly in the tropics and sub-

tropics. For increased OHTmax we observe that the peak at the equator is significantly reduced while

convection processes move into the mid–latitudes where thesurface is heated and static stability

decreases. The positive contribution from large-scale precipitation features are shifted out of the355

mid–latitudes towards higher latitudes with increasing OHTmax. As large-scale precipitation regimes

experience a shift to higher latitudes, their maximum intensity is almost kept constant. The contri-

bution by the surface latent heat flux is negative related to surface cooling. For 0 PW, the magnitude

has its maximum at latitudes of20° to 25° indicating the region with maximum evaporation. As the

heat transport in the ocean is increased, latent turbulent heat fluxes reduces largely in tropical and360

subtropical regions, and peak latent heat fluxes move towards mid–latitudes. The region with largest

evaporation at the surface shifts from the subtropics to themid- latitudes with increasing OHTmax.

The contribution from latent heat release by rain-snow conversion is negative (indicating an overall

cooling) and qualitatively shows similar patterns as the meridional profile for convective processes.

Figure10 seems to imply that the tropical latitudinal belt features a negative material entropy pro-365

duction. This is indeed not the case, because there is a net large scale transport of energy from those

regions to both the equator and the mid–latitudes as a resultof a net moisture export (i.e. transport of

latent heat, see discussion below). Such a negative contribution is overcompensated by the positive

material entropy production associate to the absorption ofthe transported latent heat taking place

elsewhere.370

Figure 11 shows the annual mean atmospheric meridional heattransport for OHTmax= 0,1,2,3

and 4 PW. We display the total transport and its components: the transport of sensible heat, latent

heat and potential energy. In addition, we split each transport into the contribution from the zonally

symmetric (zonal mean flow) and the asymmetric (eddy) part. For the total transport, the compensa-

tion for increasing OHT leads to a decrease of the atmospheric transport and a poleward shift of its375

maximum according to the prescribed OHT profile. Although the OHT is zonally symmetric, both

atmospheric zonal mean flow and atmospheric eddies contribute to the compensation.

In the tropics (0–30◦), both the zonal mean flow and the eddies account for the atmospheric

transport, with the eddy component being dominant in the outer tropics, where the zonal mean flow
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contribution decreases to zero. For the eddy transport in the tropics, only the latent heat transport is380

of appreciable magnitude. For the zonal mean flow, the magnitude of all three components decrease

with increasing OHT showing about the same relative change per 1 PW OHTmax. The total mean

flow transport is the result of a large compensation of the equatorward transport of heat (sensible

and latent) and the poleward transport of potential energy.

In mid–latitudes, eddies dominate the poleward heat transport and its sensitivity to OHT changes,385

with the contribution from latent heat transport being concentrated equatorward of the contribution

from sensible heat transport. Transport of potential energy by eddies is almost absent due to their

geostrophic nature (i.e. the meridional velocity is given by the zonal gradient of the geopotential,

and thus the zonal average of the product of velocity and geopotential vanishes).

In summary, the atmospheric compensation for changes in OHTtakes place according to the390

relative importance of the respective component for the transport in the reference state where no

OHT is present. Although changes in OHT are very large it appears that the role of the different

mechanisms in controlling the total heat transport remainsunchanged: In the inner tropics eddy

transport is not important and the poleward energy transport is due to the transport of potential

energy by the zonal mean flow. Here, the transport of sensibleand latent heat by the zonal mean flow395

is directed towards the equator reducing the net transport.Starting in the outer tropics eddy transport

becomes dominant. The importance of eddy latent transport increases for increasing temperatures

due to higher moisture content according to Clausius–Clapeyron, i. e. latent heat transport is more

important for lower latitudes. Eddy transport of potentialenergy is negligible while the transport

of potential energy by the zonal mean flow in the mid–latitudes is equatorward and counteracts the400

eddy transport.

The meridonal atmospheric energy transport is closely linked to mean meridional circulation

which we will study in the following. We start with the classical Eulerian mean circulation de-

scribed by a mass streamfunctionψ. Figure 12 shows Northern Hemisphereψ for OHTmax= 0, 2,

3 and 4 PW. For OHTmax= 0PW, a Hadley cell and a Ferrel cell are well established with values of405

about8× 1010 and−3× 1010 kg s−1, respectively. The maximum magnitudes are located at about

10◦ N for the Hadley cell and 50◦ N for the Ferrel cell, and at about 700hPa for both cells. The

Hadley cell extends to about 33◦ N. A polar cell is absent in the annual mean but emerges weakly

in the summer months. Considering the idealized setup, boththe position and the strengths of the

simulated cells are in reasonable agreement with observations for OHTmax= 2PW which is about410

the observed OHT strenth (e.g. Peixoto and Oort, 1992).

With increasing OHT, the strength of both cells decreases (Fig. 13). The decrease in strength of the

Hadley cell is virtually linear and amounts to about1.8×1010 kg s−1 per PW. The Ferrel cell strength

decreases by about0.4× 1010 kg s−1per PW with stronger decreases for smaller OHTmax. The core

of the Ferrel cell shifts poleward. For OHTmax> 2PW, a poleward shift can also be observed for415

the Hadley cells maximum together with a broadening of this cell, i.e. a poleward shift of its edge.
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For OHTmax= 4PW, an additional (weak) cell can be observed close to the equator with counter–

clockwise rotation. However, this (virtual) cell is causedby averaging an almost vanished Hadley cell

in summer and a winter hemisphere Hadley cell which has its maximum on the summer hemisphere.

The Kuo–Eliassen equation allows for identifying individual drivers of the Eulerian mean merid-420

ional circulation (Appendix A). The reconstructions by means of the Kuo–Eliassen equation are in

good agreement with the actualψ for all simulations. However, the maximum magnitudes are sys-

tematically overestimated. In general, the reconstruction is a better fit for the Hadley cell than for

the Ferrel cell (Fig. 15). It is not clear why the reconstruction overestimates the magnitudes of the

cells. Possible sources of the differences are the numerical procedure to solve the equation (e.g. the425

representation of the derivatives) and, in particular, thequasi–geostrophic assumption.

As an example, Figure 14 shows the sources and the reconstruction for OHTmax= 0PW. The

individual sources indicate that the largest contributions toψ stem from diabatic heating and from

friction. The heating controls the Hadley cell together with a significant contribution by friction. For

the Ferrel cell, friction is the most important factor. To a much smaller extent, eddy transports of430

heat and momentum add to the Ferrel circulation with a largercontribution by the heat transport. For

both Hadley and Ferrel cell, the maximum contribution by friction is located at lower levels than for

all other sources which indicates the dominance of frictional dissipation close to the surface.

For the Hadley cell, both the contributions coming from heating and friction, decrease linearly

with increasing OHT (Fig. 15). As the decrease is stronger for heating, friction becomes the major435

contributors to the Hadley cell for OHTmax> 3PW. The decrease of the Ferrel cell with increasing

OHT is linked to a decrease of the friction, i.e. a decrease ofthe near–surface zonal mean zonal

wind. The contributions from heat and momentum transports decrease less than for the Hadley cell,

and remain constant for OHTmax> 2PW. Similar to changes in magnitude, the shifting of the cells

and the broadening of the Hadley cell can be explained by respective changes in the mean sources.440

The residual mean streamfunctionψres resulting from the transform Eulerian mean (TEM) for-

malism (Andrews and McIntyre, 1976) provides a much closer link between the meridional circula-

tion and the atmospheric transport of dry static energy. In addition, it clarifies the role of the eddies

for the transport.

As given in Appendix A the TEM formulations results in a decomposition ofψres similar to the445

Kuo–Eliassen equation. Here, the residual mean circulation is that part of the mean meridional circu-

lation which is not balanced by the convergence of the eddy heat transport. It consists of the Eulerian

mean circulation plus a circulation due to the eddy heat transport. The latter sometimes referred to

as Stokes streamfunction. The TEM residual mean circulation is qualitatively similar to the dry

isentropic circulation with the important difference thatthe TEM–circulation does not close at the450

surface (Held and Schneider, 1999). The residual streamfunction is forced by the combined effect of

the eddy momentum and the eddy heat transport, given by the divergence of the Eliassen–Palm (E–

P) flux. Splitting the Eliassen–Palm flux into its componentsshows that the individual contribution
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of the momentum transport is the same for both the Eulerian mean and the TEM formulation. Also,

the sources from diabatic heating and friction remain the same.455

Figure 16 gives the residual mean streamfunction, its reconstruction, the eddy source (source from

E–P flux divergence) and the Stokes streamfunction for OHTmax= 0PW. As for the Eulerian mean,

the reconstruction is in good agreement with the actual circulation (which again holds for all OHTs).

Compared to the Eulerian mean (Fig. 14) the residual streamfunction displays a single overturning

circulation with rising motion in the tropics and sinking air in high latitudes. While the maximum460

of the residual streamfunction occurs in mid–latitudes near the surface, a secondary maximum in

the tropics is present related to the Eulerian mean Hadley cell. From the reconstruction we see the

dominance of the eddy (E-P flux) forcing for the mid–latitudes compared to the Eulerian mean

case. Since the contribution from the eddy momentum transport is the same in the Eulerian mean

and the TEM case, the differences are due to the heat transport only. We also note that the Stokes465

stream function and E-P flux source are very similar which is explained by the small contribution

of the eddy forcing in the Eulerian mean case (note that the Stokes streamfunction is given by the

difference between E-P flux source and Eulerian mean eddy source; cf. Appendix A).

Figure 17 displays the sensitivity of the E-P flux source and the Stokes streamfuction to changes

in OHT. A strong decrease (from about20×1010 kg s−1 to about9×1010 kg s−1) of the maxima can470

be found for OHTmax increasing from 0 PW to 2 PW. For OHTmax> 2PW the decrease diminishes

and the maxima obtain values of about6× 1010 kg s−1. We note that in the Eulerian mean view

(Fig. 15) the eddy forcing does not appear to be very important by being of small magnitude and low

sensitivity. The huge impact of the eddies on the circulation only becomes clear when considering

der combined effect of the eddies which sets up an eddy related (Stokes) circulation, as visible in the475

TEM view.

Concerning the total heat transport, including latent heat, Czaja and Marshall (2006), based on

work by Held (2001), showed that the atmospheric heat transport can be represented by the product

of a moist TEM residual circulation and the vertical contrast in moist static energy (or equivalent

potential temperature,θe). Here, both the eddy transport and the vertical gradient ofof θ in the480

TEM formalism are replaced by the respective values utilizing θe. Unfortunately, as pointed out by

Pauluis et al. (2011) and Laliberté and Pauluis (2010), there is no simple way to represent a well–

defined moist isentropic circulation in the latitude–pressure plane. This prevents a diagnostic similar

to the dry case. To tackle this problem, Pauluis et al. (2011)introduces a statistical generalization

of the transformed Eulerian mean circulation for arbitraryvertical coordinates. However, here we485

restrict ourselves by diagnosing and comparing the total atmospheric circulation on dry and moist

isentropes.

Figure 18 displays the respective circulations for OHTmax= 0PW and 3 PW, as well as the max-

ima of the respective streamfunctions for different OHTs. The circulation on dry isentropes corre-

sponds well with the residual circulation except that it is closed and has smaller maxima, mainly due490
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to misrepresentation of near–surface values in pressure–coordinates. It shows one single overturn-

ing cell with (for small OHT) a tropical and a mid-latitude maximum. In contrast to the dry case,

the circulation on moist isentropes shows one maximum only for all OHTs which is located in the

mid–latitudes. In addition, the moist isentropic circulation is narrower and exhibits higher values,

illustrating the impact of the moisture transport.495

For increasing OHT both the dry and the moist isentropic circulation slow down, and the maxima

shift poleward. Consistent with the findings by Czaja and Marshall (2006) this agrees well with

changes in the transport of dry and moist static energy, respectively (cf. Fig. 11). However, the

relative decreases of the transports are smaller than thosein the circulations. This is explained by a

narrowing of the isentropic circulation for larger OHT (cf.Fig. 18 for 0 and 3 PW) corresponding to500

a decrease of static stability.

Finally, we give a synopsis of the above results in terms of the global energetics provided by the

classical Lorenz energy cycle (Lorenz, 1955). In particular, this will confirm the the relevance of the

climate engine perspective.

Figure 19 shows reservoirs, conversions and sources of the energy cycle where the atmospheric505

flow has been partitioned into the zonal mean and the eddy component. We already noted (cf. Fig. 7)

the close (linear) relation between∆T (the meridional near surface temperature gradient) and∆Θ

(the temperature difference between the warm and the cold thermodynamic reservoirs of the climate

engine). Consistent with the changes in∆Θ and∆T the Lorenz available potential energies of the

mean flow (PM) and of the eddies (PE) decrease. In addition, we notice that the relative decrease in510

PM andPE is of the same size while the absolute values ofPM are substantially larger.

As pointed out in Apendix B, a direct link between the efficiency of the climate system (η)

and the strength of the Lorenz energy cycle is given by the work output Ẇ of the climate en-

gine which gives the rate of generation of available potential energy. Indeed, foṙW (Fig. 20) we

observe a similar behaviour as forη (Fig. 8). For0PW≤ OHTmax≤ 2.5PW,Ẇ decreases linearly515

by about0.2Wm−2 for every0.5PW increase in OHTmax. For (OHTmax≥ 2.5PW),Ẇ declines by

0.1Wm−2 per0.5PW increase.

From energy conservation we know the decrease inẆ also implies that the total dissipatioṅD

decreases in a steady state climate, as the climatic engine has smaller rate of transformation of

available into kinetic energy. The decrease ofḊ implies that surface winds are weaker, because this520

is where most of the dissipation takes place. Though diagnosed as residuals from the conversions, the

total source of available potential energy and the total sink of kinetic energy are in good agreement

with Ẇ andη indicating a change in sensitivity at OHTmax= 2.5PW. In addition, we notice that only

the zonally symmetric heating generates available potential energy while the zonally asymmetric

heating extractsPE, i.e. it acts to homogenize the zonal temperature profiles. For the dissipation525

of kinetic energy, the eddy component is larger than the contribution of the zonal mean flow. For
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increasing OHT the magnitude of all sources/sinks decreaseand both the (negative) eddy source of

available potential energy and the zonal mean sink of kinetic energy go to zero.

We conclude that assigning the overall strength of the Lorenz energy cycle to either the zonal

mean or the eddy flow would lead to different results depending whether we choose the generation of530

available potential energẏW or the dissipation of kinetic energẏD as measure. Dominant processes

of the generation of available energy (i.e.̇W ) are related to the zonal mean circulation while the

dissipation of kinetic energy (̇D) acts on the eddies resulting from baroclinic instability.In addition,

one may use the conversion from potential to kinetic energy to define the energy cycles strength.

Here the baroclinic eddies accomplish the transformation while the zonal mean flow generatesPM535

on the expense ofKM, i.e. by favoring a thermal indirect circulation. Thus, only the considering both

components together (eddy and mean flow) allows for assessing the strength of the energy cycle. In

this respect,η, Ẇ andḊ derived from the (Carnot) climate engine perspective provide consistent

and physically based measures.

Consistent with the sensitivity of the transports and the meridional circulation, the overall de-540

cline in the reservoirs and sources with increasing OHT is also present for conversion terms which

are related to the baroclinic conversion, i.e.C(PM,PE), C(PE,KE) andC(KE,KM). The con-

versionC(PM,KM) which is related to the zonal mean Eulerian circulation showlittle changes,

as there is a cancellation between changes in Hadley and Ferrel cell. In addition, we note that the

sensitivity of the eddy related conversions appears to decrease following the temporal sequence of545

a baroclinic life cycle: The conversion from zonal mean available potential energy to eddy potential

energyC(PM,PE) shows the largest sensitivity (approx. 65 %). The sensitivity of the transformation

into eddy kinetic energyC(PE,KE) amounts to approx. 57 %, and the change of the conversion into

zonal mean kinetic energyC(KE,KM) is the smallest (approx. 53 %). However, to verify whether

these changes are due to changes in the baroclinic life cycles or just a coincidence, further analysis550

is necessary, which is beyond the scope of the present paper.

5 Summary and discussion

We have studied the impact of the oceanic heat transport (OHT) on the atmospheric circulation

focusing on two important aspects: changes in the atmospheric meridional heat transport and cir-

culation, and changes in global thermodynamic properties of the atmosphere including efficiency,555

irreversibility and the Lorenz energy cycle.

Using a general circulation model of intermediate complexity (PlaSim) including an oceanic

mixed–layer we have adopted an experimental design from Rose and Ferreira (2013). Here, an im-

posed oceanic heat transport of simple analytic form and with varying strength allows for systematic

analyses.560
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We found a compensation of the changes in oceanic heat transport by the atmosphere consistent

with Stone’s (1978) conclusions. The presence of sea–ice may explain the deviations from a perfect

compensation as discussed in Enderton and Marshall (2008).While all components of the atmo-

spheric heat transport are affected by the compensation, their relative importance for the total trans-

port remains almost unchanged. While the atmosphere compensates very effectively the changes in565

the OHT, so that the total meridional heat transport is weakly altered, the climate as a whole strongly

depends on the chosen value of the OHT. The basic reason for this is that the atmosphere and the

ocean transport heat at different heights and across different temperature gradients.

In agreement with Rose and Ferreira, we have found an increase of the global mean near–surface

temperature and a decrease of the equator–to–pole temperature gradient with increasing OHT for570

OHTmax< 3PW. For larger OHT, the temperature gradient still decreases but the global average re-

mains constant. For the tropics, there is a significant decrease of both temperature and its gradient for

OHTmax> 2PW, with a reversal of the gradient for OHTmax> 3PW. For smaller OHT, we observed

a slight warming and a reduction of the gradient with increasing OHT. The latter is consistent with

results from Koll and Abbot (2013). However, in their aqua-planet the tropical temperature show575

little sensitivity with small increases for all imposed (positive) OHTs (up to 3 PW).

A tropical cooling for imposed oceanic heat transports somewhat larger than present-day values

has also been found by Barreiro et al. (2011) in a more complexcoupled atmosphere-slab ocean

model with present–day land–sea distribution. They argue that this suggests present–day climate

being close to a state where the warming effect of OHT is maximized. Barreiro et al. related the580

tropical cooling to a strong cloud–SST feedback and showed that the results are sensitive to the

particular parameterizations. Though our simulations arehighly idealized and do not represent all

the complexities of the real climate system, it is interesting to note that we find almost no further

increase of the global near–surface temperature for OHTmax> 2.5PW and maxima inΘ+ andΘ−

at about the same value of OHT.585

Confirming the results of previous studies (Herweijer et al., 2005; Barreiro et al., 2011;

Koll and Abbot, 2013) we have found a decrease of the Hadley cell for increasing OHT. In addi-

tion, the Hadley cell broadens and the maxima of the Hedley and the Ferrel cell shift poleward when

OHT obtains large values (OHTmax> 2.5PW).

Sea–ice gradually decreases with increasing OHT. Though onannual average sea–ice is present for590

all simulations, for OHTmax> 2PW areas of open water are present for all latitudes during summer.

This may suggest that sea–ice is playing an important role incontrolling the global mean temperature

and/or the position of the Ferrel cell. However, we did not find sufficient evidence to support this

hypothesis.

Separating individual sources by applying the Kuo–Eliassen equation showed that the character-595

istics of the Hadley cell can be explained by the mean meridional circulations related to the diabatic

heating and, to a smaller extent, to the friction. In our simulations, the meridional circulation in-

17



duced by friction also controls the behavior of the Ferrel cell. Eddy transports of heat and momen-

tum appear to be less important for the Eulerian mean circulation. This is different from results by

Kim and Lee (2001b) where the mean meridional circulation related to eddy fluxes account for about600

50 % of the Ferrel cell’s strength. The coarse vertical resolution may be responsible for a reduced

eddy activity.

The importance the eddies for the circulation becomes clearwhen considering der combined effect

of the eddies by applying the TEM formalism. Here, the eddiesset up an eddy related (Stokes)

circulation dominating the midlatitudes with strong sensitivity to changes in OHT.605

In agreement with Czaja and Marshall (2006) the total atmospheric meridional heat transport is

related to the strength and vertical extend of the circulation on isentrops both for the dry and the

moist case. As obtained by scale analysis by Czaja and Marshall, the residual mean streamfunction

in the mid–latitudes is dominated by the so called eddy stress which is given by the meridional

transport of static energy.610

We utilized an alternative approach to assess the sensitivity of the climate system by studying

the response of global thermodynamical properties of the climate system following a theoretical

framework introduced by Lucarini (2009). Here the climate system is viewed as a (equivalent Carnot)

engine with a certain efficiency. Linking the climate engineview and the classical Lorenz energy

cycle (Lorenz, 1955) provided a consistent picture of the observed changes and, thus, demonstrated615

the relevance of the climate engine approach.

Increasing OHT leads to the reduction in the difference between the warm pool temperatureΘ+

and the cold pool temperatureΘ−. The latter implies that the atmospheric system becomes more

isothermal in the horizontal. The temperature difference between the warm (Θ+) and the cold (Θ−)

heat reservoir decreases for increasing oceanic heat transport. This is basically caused by enhanced620

warming in the extratropics and by tropical cooling for increasing OHT. Main driver for this is the

poleward relocation of latent heat release patterns (not shown). This may lead to further warming

due to the water vapour feedback (Herweijer et al., 2005; Barreiro et al., 2011).

The effect of thermalisation leading to the reduction of theefficiency of the system with increasing

intensity of the ocean heat transport can be related to the decrease in the reservoir of the potential625

energy available for conversion in the Lorenz energy cycle.The strength of the Lorenz energy cycle

linearly decreases with increasing OHT. A change to smallersensitivity is observed at OHTmax=

2.5PW.

Consistent with the changes in heat transport and meridional circulation, the magnitude of all

reservoirs and conversions of the Lorenz energy cycle decreases with increasing OHT. However, the630

sensitivities differ.PM and the conversion fromPM to PE exhibit the largest changes. Eddy kinetic

energy, the barotropic conversion from eddy kinetic energyto zonal mean kinetic energy, and the

conversion from zonal mean kinetic energy toPM are least affected.
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When considering stronger oceanic transport, the climate system is characterized by a declining

total material entropy production, while the degree of irreversibility increases, since the decrease in635

entropy production by frictional dissipation is more intense than the decrease in entropy generation

due to sensible and, in particular, latent heat flux. The flux of latent heat contributes most to the

material entropy production in the climate system. When increasing the heat transport in the ocean

from 0.0PW to 1.5PW, material entropy production due to latent heat flux increases which can

be explained by an outspread of convection from the deep tropics into the mid latitudes, while the640

maximum latent release is still located in the central tropics. When increasing the heat transport

further, convective processes collapse in the deeps tropics and, thus, affecting evaporation intensities

at tropical sea surface by reducing it. As a result, a decrease in material entropy production by latent

heat fluxes can be noted from the increase of the oceanic heat transport larger than2.0PW.

Recently, Laliberté et al. (2015) proposed a different thermodynamic point of view with respect645

to what used here, indeed confirming the relevance of lookingat the climate system as a heat engine.

They studied using models and reanalyses the work output of the climate engine and showed that

the equivalent Carnot cycle is constrained by the power necessary to maintain the hydrological cycle

which accounts for the moisture inefficiency related to the addition of water vapor to unsaturated

air. For a warmer climate they found a reduction of the work output consistent with our results for650

increasing OHT. Laliberté et al. (2015) attributed most of the response to an increase of the moisten-

ing inefficiency. There is strong indication that this is also true in our case due to a large increase in

near-surface specific humidity and evaporation with only moderate changes in near-surface relative

humidity. However, further diagnostic is necessary to quantify the impact of moistening inefficiency.

Overall, our study demonstrates the large impact of the oceanic heat transport on the atmospheric655

circulation effecting the zonally symmetric flow, the zonally asymmetric flow and the interaction

between both. By reducing the meridional temperature gradient, an increased oceanic heat transport

slows down the atmospheric mean meridional circulation andshifts the Hadley and the Ferrel cell.

In addition changes in OHT substantially modify global thermodynamic properties like the strength

of the Lorenz energy cycle, the efficiency, the entropy production and the irreversibility.660

The reduction of the meridional gradient of the near–surface temperature is one of the major fea-

tures of global warming. Lu et al. (2007) showed a consistentweakening and poleward expansion

of the Hadley cell in IPCC AR4 simulations. Hence, changes inthe oceanic heat transport may

significantly modify the response of the atmospheric circulation to greenhouse warming. A weak-

ening of the oceanic meridional overturning circulation, as predicted by the majority of coupled665

ocean–atmosphere general circulation models (though withlarge uncertainties; IPCC, 2013), would

therefore act as a negative feedback mechanism. This negative feedback might become even more

important when strong melting of inland ice sheets, due to global warming, is taken into account.

The associated input of large amounts of fresh water has a huge potential to slow down the oceanic

circulation.670
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Apart from the meridional overturning circulation in the Atlantic, significant modifications of the

oceanic circulation in a warmer climate can also be found in the equatorial Pacific strongly linked to

El Niño- -Southern Oscillation (ENSO) variability (e.g. Collins et al., 2010; Fedorov et al., 2006).

This gives rise to an additional potential feedback mechanism related to oceanic dynamics which is

not captured by slab ocean models (e.g. Boer and Yu, 2003).675

Complementing the investigation by Rose and Ferreira (2013) and helping to understand the prop-

erties of warm equable climates a subsequent study may focuson the role of latitudinal location of

the peak OHT. In the present set of experiments the peak oceanic transport was fixed at the latitude

of 27°. Due to the local atmospheric compensation, this preferentially affects the atmospheric heat

transport components relevant in this region which is the eddy transport of latent heat. The overall680

response may be different if the OHT peak is located in regions where other components of the

atmospheric heat transport are more important.

Another possible future line of investigation may deal withstudying planets with different astro-

physical parameters, such as rotation rate, eccentricity,and obliquity, with the goal of contributing

to the rapidly growing field of investigation of the atmospheres of exoplanets.685

Appendix A: The mean meridional circulation

To analyse the mean meridional circulation we make use of theso called Kuo–Eliassen equation

(Kuo, 1956; Eliassen, 1951). It is a diagnostic equation which relates the mean meridional circulation

(i.e. Hadley, Ferrel and Polar cell) to different sources.

Applying the quasi-geostrophic approximation and defininga streamfunctionψ with690
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the Kuo–Eliassen equation may be derived as (see Peixoto andOort, 1992, Chap. 14.5.5)
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where, in addition to the symbols defined above,f is the Coriolis parameter,ρ density,θ potential700

temperature,Q diabatic heating andF the tendency of the zonal wind due to friction.

We solve the Kuo–Eliassen equation forψ by applying an iterative method (Gauss–Seidel method)

to its finite difference approximation. Thus, we are able to diagnose the contributions from the dif-
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ferent sources to the mean meridional circulation, which are diabatic heating (1st term r.h.s), friction

(2nd), meridional eddy heat transport (3rd) and eddy momentum transport (4th). We note that, though705

the equation, in the present form, involves the quasi- geostrophic approximation, it has shown to be

reasonably applicable even in the deep tropics (Kim and Lee,2001a, b). In addition, as pointed out

by Kim and Lee, it should be noted that this diagnostics will only yield direct effect of the particular

source. Since all processes are strongly interlinked changes in one source will lead to changes in

other terms. For example, according to the equations of motion changes of the meridional eddy mo-710

mentum transport will have consequences for the frictionaldissipation of zonal mean momentum.

These indirect effects cannot be identified with our (linear) methodology.

While the Kuo–Eliassen equation gives us the classical three cell picture of the mean meridional

circulation the transformed Eulerian mean (TEM) formalism(Andrews and McIntyre, 1976) pro-

vides a closer link to the total atmospheric meridional heattransport.715

Defining the residual streamfunctionψres with
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an equation similar to the Kuo–Eliassen equation can be obtained forψres.

f2g

2πr cosφ

∂2ψres

∂p2
−

g

2πr3ρ[θ]

∂

∂φ

(

∂θs
∂p

∂ψres

cosφ∂φ

)

=
1

rρ[T ]

∂

∂φ

[Q]

cp
725

− f
∂[F ]

∂p

−
f

r cosφ

∂(divF )

∂p

With θs denoting the constant, global mean potential temperature at a given pressure level accord-

ing to quasi–geostrophic scaling.730

Here the total effect of the eddies on the meridional circulation (viewed from a Lagrangian per-

spective) is given by the divergence of the Eliassen–Palm flux (F ) with

Fφ =−r cosφ[u∗v∗]

Fp = f r cosφ
[v∗θ∗]

∂θs/∂p735
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The TEM residual mean circulation represents the part of themean meridional circulation which

is not balanced by the convergence of the eddy heat transport. It is qualitatively similar to the dry

isentropic circulation with the important difference thatthe TEM– circulation does not close at the

surface (Held and Schneider, 1999).

Though representing a different view of the circulation, and, in particular of the role of the eddies,740

the Kuo-Eliassen equation and the TEM equation represent the same physics. This can be seen by

rearranging the terms of the Kuo–Eliassen or the TEM equation (and neglecting differences between

globally and zonally averaged stability) to give

f2g

2πr cosφ

∂2ψ

∂p2
−

g

2πr3ρ[θ]

∂

∂φ

(

∂[θ]

∂p

1

cosφ

∂ψ

∂φ

)

+
f2g

2πr cosφ

∂2ψE

∂p2
−

g

2πr3ρ[θ]

∂

∂φ

(

∂[θ]

∂p

1

cosφ

∂ψE

∂φ

)

=
1

rρ[T ]

∂

∂φ

[Q]

cp
745

− f
∂[F ]

∂p

−
f

r cosφ

∂(divF )

∂p

We see that considering the combined effect of eddy heat and momentum transport leads to a

second circulation defined by the eddy heat transport:750

ψE = −
2πr cosφ

g

[v∗θ∗]

∂θs/∂p

whereψE is sometimes referred to as Stokes streamfunction.

Czaja and Marshall (2006) showed that the atmospheric heat transport can be represented by the

product of a moist TEM residual circulation and the verticalcontrast in moist static energy (or755

equivalent potential temperatureθe) if both the eddy transport and the vertical gradient of ofθ are

replaced by the respective values utilizingθe. Unfortunately, as pointed out by Pauluis et al. (2011)

and Laliberté and Pauluis (2010), there is no simple way to represent a well– defined moist isentropic

circulation in the latitude–pressure plane. Therefore, weadditionally investigate the mean circula-

tion on dry and moist isentropes by interpolating the mass transport to levels of constantθ andθe,760

respectively.

Appendix B: Non–equilibrium thermodynamics

Let Ω be the volume domain of the climate system andQ̇ be the local heating rate due to frictional

dissipation and convergence of heat fluxes including radiative, sensible and latent heat components.

At each instantt we divideΩ into two subsections, so thatQ(x,t)> 0, x ∈ Ω+ definingQ+, and765

Q(x,t)< 0, x ∈ Ω− for Q− respectively. We wish to remark that the domainsΩ+ andΩ− are time

dependent. Integrating the two heating components resultsin:
∫

Ω+ ρQ̇
+dV +

∫

Ω−
ρQ̇−dV = Φ̇+ +
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Φ̇−. Johnson (2000) and Lucarini (2009) show that the time average Φ̇+ + Φ̇− gives the rate of

generation of available potential energy, so that:

Ẇ = Φ̇+ + Φ̇−. (B1)770

The efficiency of the climate machine can now be expressed as:

η =
Φ̇++ Φ̇−

Φ̇+
. (B2)

This expression represents the ratio for the work outputΦ̇+ + Φ̇− to the heat inputΦ̇+. At

each instant one defines the quantitiesΣ+(−) =
∫ +(−)
Ω ρQ̇+(−)

T
, which are the instantaneous entropy

sources and sinks in the system. As explained in Johnson (2000) and Lucarini (2009), we have that775

Σ̇++Σ̇− = 0. We can then introduce the scale temperaturesΘ+ = Φ̇+

Σ̇+
andΘ− = Φ̇−

Σ̇−

, so that Eq. B2

can be rewritten as

η =
Θ+−Θ−

Θ+
(B3)

whereΘ+ >Θ−.

Hence, the motion of the general circulation of the system can be sustained against friction because780

zones being already relatively warm absorb heat whereas therelatively low temperature zones are

cooled.

The Lorenz energy cycle can thus be seen as resulting from thework of an equivalent Carnot en-

gine operating between the two (dynamically determined) reservoirs at temperatureΘ+ andΘ−. Yet,

the climate is far from being a perfect engine, as many irreversible processes take place; nonetheless,785

a Carnot–equivalent picture can be drawn as described.

Let us now delve into such irreversible processes. In the climate system two rather different

sets of processes contribute to the total entropy production (Peixoto and Oort, 1992; Goody, 2000;

Ambaum, 2010). The first set of processes is responsible for the irreversible thermalisation of

photons emitted near the Sun’s corona at roughly 5800 K, absorbed and then re–emitted at much790

lower temperatures, typical of the Earth’s climate (∼255K). This gives the largest contribution

to the total average rate of entropy production for the Earthsystem of about 900 mW m−2 K−1

(Peixoto and Oort, 1992; Ambaum, 2010). The remaining contribution is due to the processes re-

sponsible for mixing and diffusion inside the fluid component of the Earth system, and for the dis-

sipation of kinetic energy due to viscous processes. This constitutes the so–called material entropy795

production, and is considered to be the entropy related quantity of main interest as far as the prop-

erties of the climate system are concerned. Further relevant research on entropy production in the
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climate system treating also the geochemical and radiativecontribution to entropy production can be

found in Kleidon (2009) and Wu and Liu (2010) respectively.

The entropy budget of geophysical fluids at steady state, following Goody (2000); Lucarini et al.800

(2011), is given by:

Ṡ(Ω) =

∫

Ω

ρ

(

q̇rad
T

+ ṡmat

)

dV = 0, (B4)

whereq̇rad indicates the heating rate by the convergence of radiative fluxes,T is the local temper-

ature at which the energy is gained or lost, whileṡmat represents the density of entropy production

associated with the irreversibility of processes involving the fluid medium. Eq. B4 represents the805

entropy budget and states that in a steady state the radiative entropy source must be balanced by the

rate of material entropy productioṅSmat due to material irreversible processes. See a detailed dis-

cussion of this aspect in Lucarini and Pascale (2014), wherethe contributions to the material entropy

production at various spatial and temporal scales are discussed.

In a steady–state climate the material entropy productionṠmat(Ω) can be expressed in general810

terms as:

Ṡmat(Ω) =

∫

Ω

ρṡmatdV =

∫

Ω

ε2

T
dV +

∫

Ω

(F sens +F lat) ·∇
1

T
dV =−

∫

Ω

ρ
q̇rad
T

dV, (B5)

whereṡmat is the time averaged density of entropy production due to thefollowing irreversible

processes inside the medium: dissipation of kinetic energy(ε2 is the specific dissipation rate) and

turbulent transport of heat down the temperature gradient (F sens andF lat, being the sensible and815

latent turbulent heat fluxes, respectively).

One needs to underline that a more refined treatment of the entropy production related to the

hydrological cycle has been proposed by e.g. Pauluis and Held (2002a), Pauluis and Held (2002b)

and Romps (2008). Nonetheless, as discussed in Lucarini et al. (2014), the overall contribution of the

entropy production due to the hydrological cycle can be reconstructed to a high degree of accuracy820

also in the simplified method proposed here.

Note that one can compute the entropy production as:

Ṡmat(Ω) =

∫

Ω

ε2

T
dV +

∫

Ω

−∇·(F sens +F lat)

T
dV +

∫

∂Ω

F sens +F lat

T
· n̂dS, (B6)

where the first term is unchanged, the second terms describesthe entropy gain and loss due to

heating and cooling by convergence of sensible and latent turbulent heat fluxes, and the last term825

is the net entropy flux across the boundaries ofΩ. If one consider the atmospheric domain asΩ,

such term becomes equal to the integral at surface of the ratio between the sum of the sensible

and of the latent heat flux divided by the surface temperature. Eq. B6 represents the way entropy
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production is typically computed in numerical models. If one considers the whole climate system

asΩ, the boundary terms disappear. Nonetheless, another term proportional to a Dirac’s delta at830

z = zsurf = 0 appears, resulting from the divergence of the turbulent fluxdue to the net evaporation

at surface. If we integrate overΩ, corresponding to the whole climate system, the contribution of this

term is exactly the same as in the case whereΩ corresponds to the atmosphere only. In other terms,

our simplified, non–dynamical representation of the ocean is such that all the entropy is produced in

the atmosphere.835

We can now separate in Eq. B5 - or, equivalently, in Eq. B6 the first term from the rest, so that,

following Lucarini (2009), the material entropy production can be expressed as:

Ṡmat(Ω) = Ṡmin(Ω)+ Ṡexc(Ω), (B7)

whereṠmin(Ω) is the minimum value of entropy production compatible with the presence of

average dissipation rate
∫

Ω ǫ
2dV , while Ṡexc(Ω) is the excess of entropy production with respect to840

such minimum. One can associateṠmin exactly with the term in Eq. B5 related to the dissipation of

kinetic energy, whileṠexc can be identified with the sum of the other two terms.

If we take the ratio of the two terms on the right–hand side in Eq. B7, we have that

α=
Ṡexc(Ω)

Ṡmin(Ω)
≈

∫

Ω
(F sens +F lat) ·∇

1
T
dV

∫

Ω
ε2

T
dV

, (B8)

whereα is the degree of irreversibility (Lucarini, 2009) and determines the ratio between the845

contributions to entropy production by down–gradient turbulent transport and by viscous dissipation

of mechanical energy. If this ratio is close to zero (α→ 0), all the production of entropy is exclu-

sively caused by unavoidable viscous dissipation. If the turbulent heat transport in the system from

high to low temperature regions is enhanced, then also entropy production increases. However, if

the turbulent heat transport down the temperature gradientis maximised, the efficiency declines,850

since the temperature difference between the warm and cold reservoirs tends to become zero. The

characterisation of the maximum entropy production principle (MEPP) suggests that the climate

system adjusts in such a way to maximize the entropy production (Paltridge, 1975; Grassl, 1981;

Kleidon and Lorenz, 2005).

Appendix C: The Lorenz energy cycle855

The atmospheric energy cycle proposed by Lorenz (1955), is one of the most important concepts to

understand the global atmospheric circulation by means of energy conservation and by considering

the integrated effects of physical mechanisms involved, that is, e.g., the generation of available po-

tential energy by external forcing, the dissipation of kinetic energy and the energy conversions by
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baroclinic and barotropic processes. At the same time it gives information about the relative impor-860

tance of the zonal mean circulation, the eddies and the interaction between both.

Refering to the reservoirs of zonal available potential energy, eddy available potential energy,

zonal kinetic energy and eddy kinetic energy asPM, PE, KM andKE, respectively, the Lorenz

energy cycle (i.e. the budget equations) may be written as:

dPM

dt
= [SP]−C(PM,PE)−C(PM,KM)865

dPE

dt
= S∗

P +C(PM,PE)−C(PE,KE)

dKE

dt
= S∗

K+C(PE,KE)−C(KE,KM)

dKM

dt
= [SK] +C(KE,KM)+C(PM,KM)

where[SP], S∗

P, [SK] andS∗

K are external sources/sinks of the respective quantities andC(A,B)870

denotes the conversion fromA toB.

To compute the individual contributions we follow the work of Ulbrich and Speth (1991). In pres-

sure coordinates, the reservoirs are given by:

PM =
〈γ

2
([T ]−{T })2

〉

PE =
〈γ

2
[T ∗2]

〉

875

KM =

〈

1

2
([u]2 + [v]2)

〉

KE =

〈

1

2
([u∗2] + [v∗2])

〉

and the conversion terms are:

C(PM,PE) =−

〈

γ

(

[v∗T ∗]
∂[T ]

r∂φ
+ [ω∗T ∗]

(

∂([T ]−{T })

∂p
−

R

p · cp
([T ]−{T })

))〉

880

C(PM,KM) =−

〈

R

p
([ω]−{ω})([Tv]−{Tv})

〉

C(PE,KE) =−

〈

R

p
[ω∗T ∗

v ]

〉

C(KM,KE) =

〈(

[u∗v∗]
∂[u]

r∂φ
+ [u∗v∗][u]

tanφ

r
+ [v∗v∗]

∂[v]

r∂φ

−[u∗u∗][v]
tanφ

r
+ [ω∗u∗]

∂[u]

∂p
+ [ω∗v∗]

∂[v]

∂p

)〉

885

with [x] = zonal mean;x∗ = deviation from zonal mean;{x} = global horizontal mean;〈x〉

= 1
g·A

∫

A

∫

p
xdpdA; A = horizontal Area;cp = specific heat at const. pressure;g =gravity; p

=pressure;r = radius of the Earth;R =gas constant;T = temperature;Tv = virtual temperature;u

= zonal wind;v =meridional wind;ω = vertical (p) velocity;φ = latitude;γ = stability parameter

=−R
p

(

∂[T ]
∂p

− R
cp

[T ]
p

)

−1

.890
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The external sources/sinks are diagnosed from the respective residuals. We note that in Ulbrich

and Speth these energetics were formulated for a mixed space–time domain. In our case, however,

the contributions by stationary eddies are zero because of the zonally symmetric forcing.

We also note that by using above equations the computed annual averaged values include contri-

butions from the annual cycle. It turns out, however, that only the reservoirsPM andKM, and the895

conversionC(PM,KM) are affected.
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Figure 1. Oceanic heat transport (in PW) for OHTmax= 0, 1, 2, 3, and 4 PW.
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Figure 11. Atmospheric heat (moist static energy) transport (in PW) assigned to different processes for

OHTmax= 0, 1, 2, 3, and 4 PW.
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Figure 12.Climatological annual mean mass streamfunction (in1010 kg s−1) for OHTmax= 0, 2, 3, and 4 PW.
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Figure 13.Climatological annual mean mass streamfunction (NorthernHemisphere): strength (in1010 kg s−1)

and location (in◦ N) of Hadley and Ferrel cell for all simulations.
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Figure 14.Climatological annual mean mass streamfunction (in1010 kg s−1) for OHTmax= 0PW: (a) original

(see Fig. 12);(b) computed from the Kuo–Eliassen equation (all sources);(c) source from diabatic heating;(d)

source from friction;(e) source from eddy heat transport;(f) source from eddy momentum transport.
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Figure 15. Sources (in1010 kg s−1) of the Hadley (upper) and the Ferrel (lower) cell accordingto the Kuo–

Eliassen equation. Circles indicate the actual strength ofthe respective cell
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Figure 16.Climatological annual mean residual streamfunction (in1010 kg s−1) for OHTmax= 0PW: (a) orig-

inal; (b) reconstructed;(c) eddy source;(d) Stokes.
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Figure 17.Eddy (E-P flux) source of the residual circulation and Stokesstreamfunction(in1010 kg s−1).
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Figure 18. Upper: Climatological annual mean mass streamfunction (in1010 kg s−1) for OHTmax= 0PW
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function (in1010 kg s−1) on (e) dry isentropes and(f) moist isentropes for OHTmax= 0, 1, 2, 3, and 4 PW.
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Figure 19. Climatological mean Lorenz energy cycle: reservoirs (upper, in 105 Jm−2), conversions (middle,

in Wm−2) and sources/sinks (lower, inWm−2) for all simulations.
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for varying oceanic heat transport. Dotted line representsbest linear fit for i)0.0PW ≤ OHTmax≤ 2.5PW

(blue)and for ii)2.5PW ≤ OHTmax≤ 4.0PW (red) with polynomial coefficients of n-th order,pn=1 andpn=0.
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